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The global temperature increase over the last century and a half (� 0.8�C), and the
last three decades in particular, is well outside of that which can be attributed to natu-
ral climate fluctuations. The increase of atmospheric CO2 over this period has been
conclusively demonstrated to be a result largely of fossil fuel burning. The global
mean temperature change that results in response to a sustained perturbation of the
Earth’s energy balance after a time sufficiently long for both the atmosphere and
oceans to come to thermal equilibrium is termed the Earth’s climate sensitivity. The
purely radiative (blackbody) warming from a doubling of CO2 from its preindustrial
level of 280 parts-per-million (ppm) to 560 ppm is � 1.2�C; the actual warming that
would result is considerably larger owing to amplification by climate feedbacks,
including that owing to water vapor. Increases in greenhouse gas (GHG) levels are
estimated to have contributed about þ3.0 W m�2 perturbation (radiative forcing) to
the Earth’s energy balance. Particles (aerosols), on the whole, exert a cooling effect
on climate, with a total forcing estimated by the Intergovernmental Panel on Climate
Change (2007)1 as �1.2 W m�2, a value that is subject to considerable uncertainty. If
the actual magnitude of aerosol forcing is close to the low end of its estimated uncer-
tainty range, then it offsets a considerably smaller fraction of the GHG forcing and
the total net forcing is at the high end of its range, � 2.4 W m�2; at the other extreme,
if the actual aerosol cooling is at the high end of its range, then aerosol forcing is
currently offsetting a major fraction of GHG forcing, and the total net forcing is only
� 0.6 W m�2. To explain the actual global increase in temperature of � 0.8�C, these
two extremes have major implications in terms of the Earth’s climate sensitivity. Cli-
mate sensitivity is determined by the strength of feedbacks, of which cloud feedback is
the most uncertain. That the Earth has warmed and that GHGs are responsible is
unequivocal; the Earth’s climate sensitivity and the effect of aerosols complicate
answers to the question: how much warming and how soon? VVC 2011 American
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Introduction

Earth’s climate is the result of a balance between incident
solar (shortwave) radiation absorbed and thermal infrared
(longwave) radiation emitted. Averaged over the globe and

over a sufficiently long period of time, this balance must be

zero. Because virtually all the energy for the climate system

comes from the Sun, globally the amount of incoming solar

radiation on average must be equal to the sum of the out-

going reflected solar radiation and the outgoing infrared

longwave radiation emitted by the climate system. A pertur-

bation of this global radiation balance, be it anthropogenic

or natural, is called radiative forcing.
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Earth’s surface temperature has increased by about 0.8�C
over the past century.1 The temperature increase has been
particularly pronounced in the past 30 years. The global tem-
perature increase over the last century and a half, and the
last three decades in particular, is well outside of that which
could be attributed to natural climate fluctuations; only a
substantial positive climate forcing (a perturbation to the
Earth’s energy balance that results in more absorption of so-
lar incoming radiation than emission of infrared outgoing
radiation) could produce such an increase. Solar insolation
has remained essentially constant over the past 5 to 6 deca-
des and therefore cannot explain the degree of warming that
has occurred over that time, and the changes in solar output
over the Sun’s 11-year sunspot cycles do not exert a net
long-term influence on climate. From a comprehensive anal-
ysis of all evidence, the inescapable conclusion is that no
natural climate factor can be the cause of this temperature
increase.

Atmospheric carbon dioxide concentrations are higher
today than at any time in at least the past 650,000 years.
They are about 35% higher than before the Industrial Revo-
lution. Carbon dioxide is an absorber of terrestrial infrared
radiation, a so-called greenhouse gas (GHG), as are methane
(CH4), nitrous oxide (N2O), water vapor, and a number of
other trace gases. The atmospheric concentrations of CO2

and other greenhouse gases have been measured continu-
ously since the late 1950s. Since then, CO2 concentrations
have increased steadily from about 315 parts per million
(ppm, or molecules of carbon dioxide per million molecules
of dry air) in the late 1950s to about 390 ppm now. The
amount of CO2 in the air is currently increasing about
2 ppm per year. Continuing on a business-as-usual path of
fossil-fuel energy use, and accounting for projected popula-
tion growth, the CO2 level will be � 900 to 1100 ppm by
the end of this century. Atmospheric concentrations of
greenhouse gases can be measured in bubbles of ancient air
preserved in ice (e.g., in Greenland and Antarctica). Ice core
records currently go back 650,000 years. Before the Indus-
trial Revolution, levels were about 280 ppm, and have varied
naturally about 180 ppm during ice ages and 300 ppm dur-
ing warm periods. Concentrations of methane and nitrous ox-
ide have likewise increased since the Industrial Revolution
and, for methane, are higher now than they have been in the
past 650,000 years.

With respect to global warming, as concisely stated by
Keller,2 the primary issues are—how much and how soon?
The goal of the present review is to present the essential ele-
ments of climate change in a manner that the current state of
scientific understanding and especially the confidence with
which one may predict future climate is appreciated. We fol-
low a logical sequence in the presentation, beginning with
the Earth’s energy balance, proceeding to the concepts of
radiative perturbation (or forcing), climate sensitivity (the
change in global mean temperature in response to a given
perturbation of the Earth’s energy balance), and climate
feedbacks (amplifications of warming owing to internal
responses to warming within the climate system). We then
discuss climate forcing agents, including the Sun itself, cos-
mic rays, and those substances that exert a radiative pertur-
bation on the Earth’s energy balance. These include the
well-mixed greenhouse gases, ozone, and aerosols (airborne

particles). In an analysis of estimated contributions to the
total climate forcing, it is seen that the radiative perturba-
tions due to aerosols represents the most important uncer-
tainty in determining the Earth’s climate sensitivity. After
discussing each of these components of the climate system,
we use a single-compartment model of the atmosphere-land-
ocean system to derive the Earth’s blackbody climate sensi-
tivity. With a simple feedback analysis, we derive expres-
sions for the feedback factors that describe the amplification
and dampening of a radiative perturbation by different com-
ponents of the climate system, and we discuss water vapor,
lapse rate (the atmospheric temperature profile), and cloud
feedbacks. The remainder of the article addresses climate
issues that are sometimes cited as not sufficiently well
understood to accept the overwhelming weight of science
concerning the causes of the current warming; these include
the paleoclimate record, glacial-interglacial cycles, tempera-
ture reconstructions, ice sheets and sea ice, and sea level
rise.

The Earth’s Energy Balance

Annually averaged, the Earth receives 341 W m�2 of solar
radiation at the top of the atmosphere3 (Figure 1). Of this
amount, � 102 W m�2 is reflected back to space by the sur-
face of the Earth and by clouds and particles (aerosols) in
the atmosphere. As a result, the net radiant energy absorbed
by the Earth is 239 W m�2. At thermal equilibrium, 239 W
m�2 of energy must be radiated back to space from the
Earth, establishing the equilibrium temperature of the Earth.
The equilibrium climate is, more precisely, a quasi-equilib-
rium climate, owing to the fact that changes do occur on
millennial and longer timescales, such as glacial-interglacial
cycles caused by orbital variations. Global average surface
temperature is about 288 K (15�C), for which the corre-
sponding blackbody irradiance is 396 W m�2. Much of this
infrared energy emitted at the Earth’s surface is absorbed by
molecules in the atmosphere, such as carbon dioxide (CO2),
water vapor, methane (CH4), nitrous oxide (N2O), chloro-
fluorocarbons, and ozone (O3) and re-emitted in both upward
and downward directions, further heating the Earth’s surface
and maintaining the atmospheric temperature gradient. At
equilibrium, the emitted longwave flux at the top of the
atmosphere, 239 W m�2, is considerably less than that emit-
ted at the surface, 396 W m�2. The reader is referred to the
comprehensive analysis of the Earth’s energy budget of
Trenberth et al.3 As compared with the average annual
energy input to the Earth from the Sun, the amount of
energy released annually as a result of humanity’s energy
production4 is about 0.025 W m�2. Internal terrestrial energy
generation5 is � 0.087 W m�2. Human energy production,
therefore, is totally negligible as compared with energy flows
associated with solar and terrestrial radiation.

Earth’s surface is heated by absorption of solar radiation;
it emits infrared radiation, which would escape almost
directly to space if it were not for the presence of water
vapor and the other greenhouse gases. Nitrogen and oxygen,
which account for about 99% of the volume of the atmos-
phere, are essentially transparent to infrared radiation.
Greenhouse gases absorb infrared radiation and re-emit it in
all directions. Some of the infrared radiation that would
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otherwise directly escape to space is emitted back toward
the surface. Without this natural greenhouse effect, primarily
owing to water vapor and carbon dioxide, Earth’s mean sur-
face temperature would be a freezing �18�C, instead of the
habitable 15�C. Despite their small amounts, the greenhouse
gases profoundly affect Earth’s temperature.

Emission of thermal longwave radiation in the troposphere
depends on the temperature of the atmosphere at the altitude
at which it is emitted. In the troposphere, the temperature
generally decreases with height. Effectively, infrared long-
wave radiation emitted to space originates from an altitude
with a temperature of, on average, �19�C, in balance with
the net incoming solar radiation, whereas the Earth’s surface
is at a temperature of, on average, þ15�C. An increase in
the concentration of greenhouse gases leads to an effective
radiation into space from a higher altitude at a lower temper-
ature.

The troposphere is characterized by constant vertical
motion; in the process of rising, the air cools by expansion,
and the temperature decreases with height. Solar energy is
primarily absorbed at the Earth’s surface and transferred to
the atmosphere by surface heat fluxes. Convection and other
heat transport mechanisms connect all levels in the tropo-
sphere, and, to a good approximation, the troposphere can be
considered to warm and cool as a unit. When a greenhouse
gas is present, the upwelling infrared radiation from the sur-
face is absorbed and re-emitted. As a result, the infrared
radiation that actually escapes to space comes from the
higher, colder parts of the atmosphere. As the emission rate
of radiation from a black body varies with the fourth power
of temperature, the flux of radiation from these upper levels

is considerably less than that which is emitted from the sur-
face. By contrast, the downwelling radiation to the surface
comes predominantly from the warmer layers nearest the
surface. Earth’s clouds, whether liquid or frozen water, act
essentially as black bodies. They emit at the cloud-top tem-
perature, which is cold if the cloud tops are in the mid-to
upper troposphere.

Infrared radiation emitted by the Earth has a maximum
near 10 lm wavelength. Oxygen and ozone absorb radiation
strongly in the ultraviolet region, but their absorption is
essentially zero in the visible and infrared regions. Methane
absorbs strongly in two narrow regions around 3.5 and 8 lm
wavelength, which are in the infrared portion of the spec-
trum. Nitrous oxide has absorption peaks at about 5 and 8
lm. The CO2 molecule has four main groups of absorption
features in the thermal infrared, of which the most important
is that at wavelength near 15 lm. As a polar molecule, water
vapor has a richer set of vibrational and rotational modes
that allows it to absorb infrared photons over a much
broader range of wavelengths than CO2. Water vapor is so
abundant in the atmosphere that in those regions of the spec-
trum where H2O vapor absorbs infrared radiation, the spec-
trum is saturated. CO2 and CH4 have absorption in some of
the ‘‘windows’’ in the infrared spectrum where H2O vapor
does not absorb and where terrestrial radiation escapes. The
radiative forcing change owing to an incremental change in
CO2 abundance is not linear but is approximately propor-
tional to the logarithm of the CO2 mixing ratio. For a rela-
tively small change in CO2 abundance, considering that ln (1
þ e) % e, the forcing change due to a change in CO2 can be
calculated as linearly proportional to the change in CO2. The

Figure 1. Earth’s energy balance.3 Incoming and outgoing energy fluxes from Earth on an annual-average basis.

The greenhouse effect refers to the absorption and reradiation of energy by atmospheric gases, resulting in a downward flux of infrared
radiation from the atmosphere to the surface. At equilibrium, the total rate at which energy leaves the Earth (102 W m�2 of reflected sun-
light plus 239 W m�2 of infrared radiation) is equal to 341 W m�2 of incident sunlight. [Color figure can be viewed in the online issue,
which is available at wileyonlinelibrary.com.]
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CO2 greenhouse effect is directly visible in satellite observa-
tions as the bite taken out of the infrared spectrum near 15
lm wavelength, a feature the details of which agree pre-
cisely with first-principles radiative transfer calculations.6

Radiative Forcing

Radiative forcing, measured in units of watts per square
meter (W m�2), is any imposed perturbation on the Earth’s
energy balance.7 It is the imbalance, or disequilibrium,
caused by the forcing agent between the solar energy
absorbed by the Earth and thermal emission by the Earth
back to space. Therefore, radiative forcing is the amount by
which the forcing mechanism would change the top-of-the-
atmosphere energy budget, if the temperature were not
allowed to change so as to restore equilibrium. Radiative
forcing is customarily computed with all tropospheric prop-
erties held fixed at their unperturbed values, and after allow-
ing for stratospheric temperatures, if perturbed, to readjust to
radiative-dynamical equilibrium. Radiative forcing is called
instantaneous if no change in stratospheric temperature is
accounted for. A forcing is taken as positive if it tends to
make the Earth warmer, that is, if the solar input exceeds
the thermal (infrared) output. An example of positive forcing
is an increase in the luminosity of the Sun. A large volcanic
eruption that injects particles into the lower stratosphere,
which reflect more sunlight back to space than in nonvol-
canic periods, is exemplary of a negative forcing, which is
expressed as negative in sign.

Climate sensitivity

The change in climate that results from an imbalance in
the Earth’s energy balance is manifested in a number of
ways: temperature, precipitation, snow and ice cover, etc.
The index that is used most commonly as a measure of cli-
mate change is the annual and global-mean surface air tem-
perature. In assessing the extent to which climate has
changed, one usually defines a temperature anomaly, the dif-
ference in temperature at a given site relative to a climato-
logical mean temperature at that site.

The global mean temperature change that results in
response to an imposed and sustained perturbation on the
Earth’s energy balance after a time sufficiently long for both
the atmosphere and the oceans to come to thermal equilib-
rium is termed the Earth’s climate sensitivity. Climate sensi-
tivity has units of temperature change per W m�2 (�C W�1

m2 or K W�1 m2) and is given the symbol k. Two assump-
tions inherent in this definition of climate sensitivity are that
a change in global-mean surface temperature is directly pro-
portional to the imposed forcing and that different forcings
are additive in contributing to a total forcing. Both of these
assumptions are supported by climate models. There are two
approaches to determining climate sensitivity. The empirical
approach is based on an observed change in global mean
temperature over a given historical time period with respect
to an estimated or known forcing. The second way of deter-
mining climate sensitivity is based on simulations using cli-
mate models.

A standard benchmark that is used to assess climate
change is a doubling of CO2 from its preindustrial level of

about 280 ppm to 560 ppm. (This scenario is referred to in
shorthand notation as 2xCO2.) The perturbation to the
Earth’s energy balance that would result from 2xCO2 is �
3.7 W m�2. The increase in the global mean temperature
required to re-equilibrate the Earth’s energy balance to this
change, considering solely the Earth’s blackbody Stefan-
Boltzmann response, is 1.2�C. A temperature increase of
1.2�C in response to a forcing of 3.7 W m�2 implies a cli-
mate sensitivity of 0.32�C W�1 m2. The IPCC1 estimate of
the equilibrium global-mean temperature change that would
result from 2xCO2 is 3�C, uncertain to a factor of 2 between
the low and high ends of the uncertainty range (66% likeli-
hood that the actual sensitivity lies within the uncertainty
range). The corresponding climate sensitivity is 3�C/3.7 W
m2 ¼ 0.81�C W�1 m2. The estimated global mean tempera-
ture increase of 3.0�C from a doubling of CO2 represents,
therefore, an amplification by a factor of about 2.5 over the
purely blackbody temperature change of 1.2�C.

Climate feedbacks

The explanation of why the actual temperature change is
so much larger than that based purely on the amount of
absorbed radiation lies in climate feedbacks. Once the Earth
starts to warm, in response, say, to an increase in greenhouse
gas levels, other changes take place that act to amplify the
initial warming. A warmer atmosphere holds more water
vapor, which itself is a powerful infrared absorber. Also, as
temperature increases, sea ice begins to melt. Because the
darker ocean absorbs more sunlight than the sea ice it
replaced, this leads to further warming. These feedbacks are
positive, in that they act to amplify (rather than retard) the
effect of the initial perturbation.

The well-mixed greenhouse gases (CO2, CH4, N2O, chlor-
ofluorocarbons) do not condense or precipitate from the
atmosphere, whereas water vapor and clouds respond rapidly
to local meteorology by evaporating, condensing, and precip-
itating. As a result, changes of water vapor and clouds con-
stitute fast feedback processes in the climate system. Of the
overall greenhouse effect on Earth, including the effect of
climate feedbacks, water vapor accounts for � 50%, clouds
� 25%, CO2 itself � 20%, and the minor GHGs � 5%. At
present, CO2 accounts for about one-third of the clear-sky
greenhouse effect in the tropics and a greater portion in the
drier, colder extratropics. Most of the remainder is due to
water vapor. Despite its only fractional contribution to the
greenhouse effect, CO2 is, in fact, the controller of climate.
If CO2 were removed from the atmosphere, the atmosphere
would cool sufficiently that much of the water vapor would
precipitate out. That loss of water vapor would lead to fur-
ther cooling, with still more water vapor removal, ultimately
spiraling the planet into a globally glaciated state. It is the
presence of CO2 that maintains a level of warmth to keep
the atmospheric level of water vapor that sustains our cli-
mate. Of course, increasing CO2, and warming the atmos-
phere produces the opposite effect, additional warming,
through positive water vapor feedback. In summary, the 25%
contribution due to the noncondensing, long-lived GHGs
supports and sustains the entire greenhouse effect, with the
remaining 75% a result of the fast feedbacks involving water
vapor and clouds.8 Subsequently, we will discuss climate
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feedbacks in more detail, but it is important to stress that the
presence of the well-mixed GHGs in the atmosphere (espe-
cially CO2) provides the basis for our present climate, upon
which the fast feedback processes operate.

Time scales of climate change

If the Earth’s radiation balance is perturbed, the global
surface temperature will adjust so as to re-establish a balance
between incoming and outgoing radiation. The Earth’s radia-
tion balance can be perturbed in a number of ways, for
example: (1) A change in solar output of energy (either posi-
tive or negative) alters the solar radiation flux So; (2) A large
volcano injects particles directly into the stratosphere �
these particles reflect a portion of incoming solar radiation
back to space and thereby prevent that radiation from reach-
ing the Earth’s surface, increasing the Earth’s albedo A; (3)
An increase in the concentration of infrared absorbing gases
in the atmosphere leads to increased absorption of the
Earth’s longwave radiation, which reduces the outgoing
infrared energy flux at the top of the atmosphere—in this
case, the incoming solar energy flux then exceeds the out-
going energy flux, and the Earth has to warm as a conse-
quence.

The climate response time is that needed for the climate
system or its components to re-equilibrate to a new state,
following a forcing resulting from external and internal proc-
esses or feedbacks. The response time of the troposphere is
relatively short, from days to weeks, whereas the strato-
sphere reaches equilibrium on a time scale of typically a few
months. Most of the heat capacity of the Earth is provided
by the ocean. The upper 100 m or so of the ocean is effi-
ciently mixed by wind stress and convection. The thermal
inertia of this ocean mixed layer, by itself, would produce a
surface temperature response time of about a decade. Experi-
ments with climate models show that, in response to an in-
stantaneous doubling of CO2, about 40% of the equilibrium
response is attained in � 5 years, followed by a slow warm-
ing on century time scales, owing to exchange between the
mixed layer and the deeper ocean. Climate feedbacks, which
drive the ultimate temperature change, operate on an initial
temperature change, not on the forcing. Thus, the climate
response time depends on the climate sensitivity itself, as
well as on the rate at which heat is transported into the
deeper ocean. The rate of ocean heat uptake determines the
planetary energy imbalance, which is the portion of the net
climate forcing to which the planet has not yet responded.
The Earth’s energy imbalance is currently 0.6–0.7 W m�2.
This imbalance is a fundamental characterization of the state
of the climate. It determines the amount of additional tem-
perature change ‘‘in the pipeline.’’ In the terminology of cli-
mate change, the transient temperature lags behind the equi-
librium temperature.

Under equilibrium climate conditions, the solar heat flux
to the upper layer of the ocean is balanced by a heat flux
from the ocean to the atmosphere, and that balance estab-
lishes the temperature of the ocean surface layer. Heat trans-
fer between the ocean and atmosphere is controlled by a thin
layer at the ocean surface through which heat is transferred
by conduction. The temperature gradient across this thin
conduction layer determines the heat flux. If the GHG con-

centration in the atmosphere were to suddenly increase, the
increased absorption of infrared radiation by GHGs leads to
a downward heat flux that slightly increases the surface tem-
perature, decreasing the flux of heat through the layer to the
atmosphere. And, more of the energy acquired by the bulk
of the ocean surface layer from absorption of solar radiation
remains in the ocean, leading to an increased temperature of
the upper layer of the ocean. Short-term absorption of heat
is concentrated in the upper 100 m or so of the ocean. The
time scale for transport from the surface layer into the
deeper ocean is of order decades to centuries.

Climate Forcing Agents

Solar irradiance

Total solar irradiance (TSI) is the amount of solar radi-
ance received outside the Earth’s atmosphere on a surface
normal to the incident radiation and at the Earth’s mean dis-
tance from the Sun. The most reliable measurements of solar
radiation are made from space, and the precise satellite re-
cord extends back only to 1978. The generally accepted
value of TSI is 1368 W m�2, with an accuracy of about
0.2%. Variations of a few tenths of a percent are common,
usually associated with the passage of sunspots across the
solar disk. The solar cycle variation of TSI is of the order of
0.1%.

Since 1978, solar irradiance has been measured with high
precision from satellites (Figure 2); before that, sunspot
observations provide a measure of solar activity. In addition,
cosmogenic radionuclides, 10Be and 14C, serve as proxies to
extend solar activity reconstructions beyond the period of
direct observations. Produced in the atmosphere by galactic
cosmic rays, these radionuclides have decreased production

Figure 2. Total solar irradiance observations since
1978.

Since November 1978, a set of total solar irradiance (TSI)
measurements from space is available. From measurements
made by several different instruments a composite record of
TSI can be constructed. Description of the procedures used
to construct composites can be found in Fröhlich.9
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rates during periods of high solar activity. Their records exist
in ice cores (10Be) and tree rings (14C).10

Understanding the relationship between solar variability
and the Earth’s climate is of prime importance when assess-
ing the anthropogenic role in climate change.11 Solar irradi-
ance varies slightly over an 11-year cycle due to variation in
the Sun’s magnetic activity. Sunspots, dark regions on the
solar disk, have been used to track fluctuations in the
strength of the Sun’s 11-year activity cycle for almost 400
years (Figure 3). Variations in satellite records of lower tro-
posphere temperatures since 1978, in upper ocean tempera-
tures since 1955, and in surface temperatures during the past
century are approximately in phase with this 11-year solar
cycle.12 More sunspots equate to higher solar output. The
so-called Maunder Minimum, or Little Ice Age, which lasted
from 1650 to about 1800, was characterized by very low
sunspot activity and unusually cold temperatures over
Europe.

Direct radiative forcing owing to increases in total solar
irradiance since 1750 is estimated by IPCC1 to be þ0.12
(�0.06, þ0.18) W m�2. Amplification of changes in total so-
lar irradiance by the climate system itself has led to a � 20
year lag in the climate response.13 For example, climate
models predict that the lower Northern Hemisphere tempera-
tures in the period 1650–1850 are a result of decreased solar
activity that forced a shift of the North Atlantic Oscillation
(NAO)/Arctic Oscillation (AO) with a lag of 20 years.14

Eichler et al.13 analyzed a 750-year ice core oxygen isotope
record from the continental Siberian Altari (Figure 4). The
strong correlation between reconstructed temperature and so-
lar activity suggests solar forcing as the main driver for tem-
perature variations over the period 1250–1850 in this region.
From 1850 on, solar forcing became less important and only
CO2 concentration shows a significant correlation with the
temperature record.

The period of greatest warming over the past century or
so has occurred since 1970, and if the Sun is responsible for
this warming, a sustained increase in solar irradiance would
have to be evident in the satellite record. That record (Figure
2) indicates no net increase in solar irradiance since 1978,
and reconstructions of pre-satellite data show this period of
quiescence extends back to 1940. In a statistical analysis of

solar output and Earth’s temperature variations, Krikova and
Solanki15 assumed that the Sun was totally responsible for
the change in Earth’s temperature before 1970 and that this
interplay persisted after 1970. Then, using reconstructions
and measured records of solar output, they estimated the
fraction of the dramatic temperature rise after 1970 that
could be due to the influence of the Sun. The analysis shows
definitively that since 1970 the solar influence on climate
could not be a significant cause of the observed temperature
increase.

The average global variation of surface temperature over
the 11-year solar cycle is � 0.2�C, corresponding to
a change in radiative forcing from solar-min to solar-max of
� 0.18 W m�2.16 This amount of temperature change is too
large to be explainable purely by the direct effect of a 0.18
W m�2 variation in total solar intensity. The actual observed
temperature response is the result of the positive feedbacks
inherent in the climate system. The inferred climate sensitiv-
ity based on the climate response to sunspot cycles is thus

k ¼ 0:2oC

0:18 W m�2
� 1

oC

W m�2

As this climate sensitivity is a transient, rather than an
equilibrium sensitivity (i.e., the climate has not come to
equilibrium in response to the varying solar output), and as
the equilibrium climate sensitivity always exceeds the tran-
sient sensitivity, this method of inferring climate sensitivity
leads to a value exceeding 1�C W�1 m2, implying a climate
sensitivity that is near the upper end of that predicted by cli-
mate models.

Haigh et al.17 have shown based on daily measurements
of the solar spectrum between 0.2 and 24 lm wavelength,
made by the Spectral Irradiance Monitor (SIM) on the Solar
Radiation and Climate Experiment (SORCE) satellite, since
2004 that over this declining phase of the solar cycle that
peaked in 2000–2002 there was a 4–6 times larger decline in
ultraviolet radiation than would have been predicted based

Figure 4. Temperature in Siberia from glacial ice core
data and galatic cosmic ray fluxes derived
from 10Be and 14C.

Before about 1850, a distinct correlation exists between cos-
mic ray flux and temperature in Siberia, although no physi-
cal link has been established. After about 1850, the correla-
tion ceases to exist. [Color figure can be viewed in the
online issue, which is available at wileyonlinelibrary.com.]

Figure 3. Record of sunspot observations over the
period 1600—present day.

Two periods of especially cool temperatures, the Maunder
Minimum (also referred to as the Little Ice Age) � 1650 to
1750, and Dalton Minimum � 1800 to �1850, correspond to
low sunspot number. [Color figure can be viewed in the
online issue, which is available at wileyonlinelibrary.com.]
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on previous understanding. This reduction was partially com-
pensated in total solar output by an increase in radiation at
visible wavelengths. While these new data do not alter the
overall understanding of the role of solar output changes in
governing climate, they do suggest that the detailed spectral
distribution of solar output over solar cycles may not be
fully understood.

The deepest, most prolonged solar minimum in the period
of accurate solar monitoring since the late 1970s has
occurred in the 2005–2010 period. An estimate of the
Earth’s energy imbalance during this period provides a test
of the effect of solar variability on climate, as the imbalance
is the net effect of the reduced solar irradiance and all other
radiative forcings. The best current estimate of the net plane-
tary energy imbalance over the 2005–2010, solar minimum
based on ocean measurements, is þ0.5 W m�2. That this
estimate is strongly positive is a fundamental verification
that human-induced climate forcing, not solar variability, is
the dominant driving force for climate change.

Carbon dioxide

That the increase in the atmospheric level of CO2 over the
past century or so is a result largely of fossil-fuel burning is
conclusively demonstrated from several lines of evidence.
These include: (1) records of coal, oil, and natural gas con-
sumption; and (2) concomitant decreases in the relative
abundance of both the stable (13C) and radioactive (14C) car-
bon isotopes and the decrease in atmospheric oxygen. Add-
ing up the human sources of CO2 primarily from fossil fuel
burning, cement production, and land use changes (e.g.,
deforestation), one finds that about 56% of the CO2 emitted
as a result of human activities is accumulating in the atmos-
phere. The other 44% of the emitted carbon dioxide is being
taken up by oceans and the biosphere. The CO2 sinks may
begin to saturate eventually, but so far there is no evidence
of this. Emissions of CO2 from human activities can account
for the increase in atmospheric CO2 concentrations. Changes
in the isotopic composition of CO2 show that the carbon in
added CO2 derives largely from plant materials, that is, from
processes such as burning of biomass or fossil fuels, which
are derived from fossil plant materials. Minute changes in
the atmospheric concentration of oxygen show that the added
CO2 derives from burning of the plant materials. Concentra-
tions of CO2 in the ocean have increased along with the
atmospheric concentrations, showing that the increase in
atmospheric CO2 cannot be a result of release from the
oceans. All lines of evidence taken together lead to the
unambiguous conclusion that the increase in atmospheric
CO2 concentrations is primarily a result of fossil fuel burn-
ing. Similar reasoning can be invoked for other greenhouse
gases, but for some of those, such as methane and nitrous
oxide, their sources are not as clear as those of CO2.

Carbon in CO2 has two naturally occurring stable isotopes,
12C and 13C. 12C constitutes about 99% of the C in CO2,
with 13C being about 1%. The 13C/12C ratio in CO2 emitted
from fossil fuel combustion is less than that in atmospheric
CO2, so that when CO2 from fossil fuel combustion enters
the atmosphere, the 13C/12C ratio in atmospheric CO2

decreases at a rate that can be predicted based on the magni-
tude of fossil fuel emissions. (The 13C/12C ratio in CO2 can

be measured at 1 part in 105). The energetics of photosyn-
thesis lead to a preference for 12CO2 over 13CO2, as slightly
less energy is required to bond to 12CO2 than 13CO2. Thus,
the naturally occurring 13C/12C ratio is skewed toward 12C
in plants. Fossil fuels were originally plants, so fossil fuel
CO2 is depleted in 13C. 13C fractions have also decreased in
ocean surface waters over the past decades. Such behavior is
consistent with an atmospheric fossil fuel source of CO2 and
inconsistent with an oceanic source. Oceanic carbon has
slightly more 13C than atmospheric carbon, but 13CO2 is
heavier and less volatile than 12CO2; as a result, CO2

degassed from the ocean has a 13C fraction close to that of
atmospheric CO2. It is not possible therefore, that an oceanic
source of CO2 could lead to a simultaneous drop of 13C in
both the atmosphere and the ocean. Finally, if heating of the
oceans were the source of atmospheric CO2, a trend of
decreasing concentration of CO2 would be expected; yet,
what is observed is the opposite � CO2 concentrations in
the ocean have risen even as ocean temperature has risen.18

The unstable carbon isotope 14C termed radiocarbon, com-
prising about 1 in 1012 carbon atoms in the atmosphere, has
a half-life of 5700 years. The stock of 14C is replenished in
the upper atmosphere by the interaction of cosmic rays with
14N. Fossil fuels contain no 14C, so emission of CO2 from
burning fossil fuels lowers the atmospheric 14C fraction.
Atmospheric 14C, measured in the tree rings, decreased by 2
to 2.5% from about 1850 to 1954, when atmospheric nuclear
testing began to inject 14C into the atmosphere. The
observed decline in 14C cannot be explained by a CO2

source from terrestrial vegetation or soils.
Volcanic emissions of CO2 arise from erupting magma and

from degassing of unerupted magma beneath volcanoes. Over
very long time scales, these CO2 emissions act to restore CO2

lost from the atmosphere and oceans by silicate weathering,
carbonate deposition, and organic carbon burial. Global esti-
mates of the annual present-day CO2 volcanic emissions range
from 0.15 to 0.26 gigaton per year; this is to be compared
with anthropogenic CO2 emissions, estimated at 35 gigatons
in 2010.19 (The level of global volcanic CO2 emissions is
roughly comparable in magnitude to that emitted annually by
the state of Florida.) Moreover, if atmospheric CO2 increases
over the past century were the result of volcanic missions, not
anthropogenic activity, the massive eruption of Mt. Pinatubo
in 1991 would have been accompanied by a large pulse in
CO2. No CO2 pulse appeared in any global measurements,
and, in fact, the main effect of the eruption was a temporary
cooling from the increased reflection of sunlight by the result-
ing stratospheric aerosols.

Methane

The global methane concentration has increased by a fac-
tor of 2.5 since 1800, with an associated radiative forcing of
about 0.5 W m�2. Methane is oxidized in the atmosphere by
hydroxyl radicals to CO, and eventually to CO2, with an
atmospheric lifetime of about 10 years. Increases in CH4

lead to an increase in stratospheric water vapor (about 7% of
CH4 is oxidized in the upper atmosphere) and to an increase
in tropospheric O3 through reactions involving oxides of
nitrogen, thus having an indirect effect on forcing through
stratospheric water vapor and ozone production. If these
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additional indirect effects are accounted for, the full contri-
bution of CH4 to radiative forcing21 is closer to 0.9 W m�2.

Ozone

Estimating the radiative forcing attributable to the increase
in tropospheric ozone since preindustrial times is hampered
by a lack of knowledge of the global ozone level at that time.
That uncertainty stems not from a poor understanding of the
atmospheric processes generating ozone but rather from lack
of knowledge of 19th Century precursor emissions. Ozone is
not directly emitted; it is produced by chemistry involving
oxides of nitrogen (NOx), CH4, CO, and nonmethane volatile
organic compounds. Surface ozone concentrations at the end
of the 19th Century have been estimated as about 10 ppb, but
this estimate is based on limited data. Current global chemical
transport models, upon removal of anthropogenic NOx, CO,
CH4, and nonmethane volatile organic compound emissions,
predict the order of 20 ppb of O3.

21 Despite the uncertainty in
the preindustrial level of ozone, the current estimate of ozone
radiative forcing owing to the difference in tropospheric
ozone abundance between preindustrial and present day is
comparable to that of methane. Anthropogenic radiative forc-
ing from tropospheric ozone is estimated in the range of 0.25
to 0.65 W m�2, with a median value of 0.35 W m�2.
Roughly two-thirds of the current O3 radiative forcing is
attributed to the increase in CH4 over this period.

Magnitude of climate forcing of greenhouse gases

The magnitude of climate forcing for a greenhouse gas
can be expressed as W m�2 of forcing per unit of increase
of atmospheric concentration. The relative strengths of CO2,
CH4, and N2O at their present levels, expressed as W m�2

per ppm, are:

CO2ð380 ppmÞ 0:0044 W m�2 ppm�1

CH4ð1:8 ppmÞ 0:2706
N2Oð320 ppbÞ 0:5106

Per unit part-per-million increase, CH4 and N2O are 62
and 114 times as effective in radiative forcing as CO2; how-
ever, CH4 is 200 times less abundant than CO2, and N2O is
� 1000 times less abundant, so CO2 exerts the dominant
effect.

Aerosols

Particles in the atmosphere, referred to as aerosols, arise
from natural sources such as wind-borne dust, sea-spray, nat-
ural fires and emission of biogenic volatile organic carbon.
They also arise from a range of anthropogenic activities,
such as the combustion of fossil fuels and biofuels. Emitted
directly as particles (primary aerosol) or formed in the
atmosphere by (often photochemical) conversion of gaseous
precursors (secondary aerosol), atmospheric particles range
in size from a few nanometers to tens of micrometers.

Tropospheric aerosols play an important role in the global
climate system through modifications of the global radiation
budget. Aerosols scatter and absorb solar radiation and serve
as the seed particles on which cloud droplets form. Through
scattering and absorption of solar radiation, aerosols reduce

solar insolation at the surface, leading to changes in surface
fluxes of energy and water, with concomitant changes to the
hydrological cycle. Aerosols containing absorbing material,
such as black carbon, also heat the atmosphere, altering pro-
files of temperature and relative humidity and consequently
atmospheric stability. Aerosols have a tropospheric lifetime
measured in weeks; because of this, aerosol levels are highly
nonuniform over the Earth, with highest concentrations
occurring in regions of highest emissions. Aerosols injected
into the stratosphere, such as from a volcanic eruption, have
a lifetime of a year or more, owing to the absence of re-
moval mechanisms (wet and dry deposition) present in the
troposphere. Because aerosols interact with solar radiation,
their forcing occurs only during daylight hours.

Changes in aerosol levels can change cloud properties
through alteration of the number of activated droplets;
changes in cloud properties can then lead to changes in
cloud reflectivity, cloud lifetime, and precipitation. Numer-
ous observations, at the local scale, show that an increase of
ambient aerosol concentrations enhances the reflective prop-
erties of low (warm) clouds as well as their lifetimes. Glob-
ally, these effects lead to a negative radiative forcing or
global cooling. The uncertainty in the magnitude of this
cooling will likely be reduced somewhat as model studies
are reconciled with in situ aircraft observations and satellite
data; globally the radiative forcing from this effect is likely
in the range of �1 to �1.5 W m�2. Any regional or global
changes in cloud properties will have immediate consequen-
ces to the Earth’s energy balance. On the whole, the esti-
mated change in aerosol levels from preindustrial time is cal-
culated to have exerted a cooling effect on climate.

The amount and properties of Cloud Condensation Nuclei
(CCN) determine the initially formed cloud droplets, but
environmental conditions such as temperature and humidity
profiles, winds, and surface fluxes of heat and moisture
determine whether a cloud grows or wanes. Changes in aero-
sol concentrations produce changes in the size distribution of
cloud droplets. An increase in CCN leads to more numerous
and smaller droplets. Droplet growth by collision-coales-
cence becomes less efficient, delaying the formation of large
droplets and causing a delay or suppression of downdrafts
and warm rain. The resulting updrafts may be stronger due
to the latent heat of water condensation in the absence of a
balance by downdrafts due to large drops. Stronger updrafts
lift the smaller droplets upward, increasing cloud top height.
The smaller droplets lifted upward will freeze at higher alti-
tudes, releasing latent heat and further increasing convection.
The presence of absorbing aerosols can change the atmos-
pheric thermal profile by heating the aerosol layer while
cooling the layers below. This process may stabilize shallow
layers, reduce their relative humidity, suppress surface fluxes
and shallow cloud formation inside or below the aerosol
layer.22,23

Low clouds account for about half of the solar energy that
is reflected back to space. Exactly how much additional
cloud cooling would result from increased aerosol levels is a
subject of intense study by the scientific community. The
response of clouds to changing aerosol concentrations
depends on local temperature and humidity, atmospheric dy-
namics, as well as the properties of the clouds themselves.
Warm clouds, those made up of liquid drops, grow deeper,
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contain smaller droplets, rain less frequently, and appear
brighter from above in the presence of large concentrations
of small aerosol particles. Ice-containing clouds, in the
presence of small aerosol particles, generally contain
smaller particles than cleaner clouds and exhibit weaker
precipitation.

Direct aerosol radiative forcing depends on the optical
depth of the aerosol layer and the ratio of the scattering to
the sum of scattering and absorption (the single scattering
albedo). The optical depth is related directly to the mass of
aerosol, whereas the single scattering albedo depends on the
relative composition of scattering and absorbing compo-
nents. Overall global aerosol mass is strongly influenced by
aerosol and precursor emissions inventories and atmos-
pheric lifetime of particles. Emission inventories for partic-
ulate matter are not known to high accuracy. The predomi-
nant removal mechanism for atmospheric particles is wet
deposition (precipitation), and climate models differ in their
representation of wet removal. The combination of uncer-
tain emissions and uncertain wet removal rates produces a
substantial uncertainty of total airborne aerosol mass. Aero-
sol optical properties depend on the extent to which scat-
ting and absorbing species are comixed in the same par-
ticles, and the extent of overall cooling vs. heating also
depends on the vertical distribution of aerosols relative to
clouds. The uncertainty concerning mixing state and verti-
cal distribution is largely responsible for the wide range of
estimates of forcing attributable to black carbon. Aerosol
indirect forcing depends on the relationship between
changes in aerosol levels and changes in cloud optical
depth and lifetime. The cascade of processes that lead from
aerosol, as characterized by size and composition, to cloud
properties begins with activation of CCN to form cloud drop-
lets. Once droplets are formed, whether precipitation results
depends on the efficiency of autoconversion, the process by
which precipitation-sized droplets are formed by droplet–drop-
let collisions. The parameterization of autoconversion in cli-
mate models is a source of uncertainty.24 Nonetheless, as in
the case of direct forcing, the uncertainty in aerosol abun-
dance itself represents the dominant uncertainty in predicting
aerosol indirect forcing.

Black carbon

Carbonaceous aerosol components, including black carbon
and some forms of organic carbon, absorb strongly in the
visible and ultraviolet wavelengths. Like all aerosols, black
carbon (BC) scatters a portion of the incoming solar beam
back to space, which leads to a reduction in solar radiation
reaching the Earth’s surface. A portion of the incoming solar
beam is also absorbed by the black carbon. BC absorbs radi-
ation yet again from the diffuse upward beam of scattered
sunlight, reducing the solar radiation reflected back to space.
(This effect is particularly accentuated when absorbing aero-
sols lie above clouds.) With a sufficiently absorbing aerosol,
the surface cooling caused by radiation scattering back to
space can be compensated for by the heating caused by
absorbed radiation, leading to little net change in the radia-
tive balance at the top of the atmosphere. This redistribution
of energy has important potential feedbacks on atmospheric
convection, precipitation, and the hydrological cycle. The

rise of aerosols since preindustrial times has led to both a
substantial reduction in solar radiation at the surface and
increased solar heating of the atmosphere itself. Estimating
the amount by which BC emissions have increased since
preindustrial times is difficult owing to uncertain knowledge
of the historical extent of biomass burning.

Black carbon results from incomplete combustion of car-
bonaceous matter (fossil fuels, biomass). Black carbon (also
referred to as soot or elemental carbon) is seldom emitted
alone from combustion; it is usually accompanied by organic
carbon (OC). A mixture of BC/OC that is dominated by BC
is a predominantly absorbing aerosol that leads to warming,
whereas a low BC/OC ratio gives a predominantly scattering
aerosol that leads to cooling. The BC/OC ratio for a particu-
lar combustion source depends on the fuel and the type of
combustion. In emissions from fossil fuel burning the ratio
of BC mass to OC mass is initially high (BC/OC [ 1). In
diesel emissions the aerosol is nearly pure BC. In emissions
from open vegetation fires, BC/OC is initially low (\1). As
aerosols age in the atmosphere, the BC/OC ratio of the par-
ticles will decrease due to condensation of gaseous organics,
changing the radiative properties of the carbonaceous aero-
sol.

When BC particles become coated by nonabsorbing aerosol
components via coagulation and condensation processes, the
light absorption by these mixed particles becomes ampli-
fied. While a coating of BC with nonabsorbing material
also increases the aerosol light scattering cross section, the
overall single scattering albedo (the ratio of scattering to
the sum of scattering and absorption) of the internally
mixed particle is smaller than the externally mixed case,
causing an increase in net atmospheric light absorption. Op-
tical calculations based on realistic assumptions, as well as
in situ observations, indicate that light absorption amplifica-
tion owing to coating of BC lies in the range of 1.5 to 2.
Knowledge of the extent to which BC particles are mixed
with non-light-absorbing secondary compounds such as sul-
fate and nitrate is required for accurate radiative transfer
calculations of the direct effect of anthropogenic aerosols.
The mixing state of BC is generally assumed when calcu-
lating global aerosol climate forcing. Several representa-
tions of internally mixed BC sulfate particles have been
used for optical calculations, predominantly a core-shell
model and a particle uniformly mixed at the molecular
level. The core-shell model seems most consistent with
measurements of the optical properties of aged BC from
coupled chemical-optical in situ aerosol time-of-flight mass
spectrometer measurements.25 Externally mixed BC leads
to a calculated top of the atmosphere (TOA) forcing rang-
ing from 0.2 to 0.4 W m�2, while TOA forcing estimates
for internally mixed, core-shell model, BC range from 0.4
to 1.2 W m�2. This range of forcing lies between that cal-
culated for CO2 (1.66 W m�2) and CH4 (0.48 W m�2),
causing BC to be the second largest component contribut-
ing to planetary warming.

Coating of initially nonhygroscopic BC by soluble hygro-
scopic salts dramatically increases particle hygroscopicity,
thus increasing the particle’s ability to act as a CCN. The
increased concentration of atmospheric CCN produced by
coated BC particles also increases the rate of removal by
wet scavenging and thus reduces its atmospheric burden and
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lifetime. This increased rate of removal can counteract some
or all of the amplified absorption of solar radiation by BC,
particularly in remote regions.26 The atmospheric lifetime,
rate of hydrophobic to hydrophilic conversion, and mass bur-
den of BC, as represented in global climate models, are an
important source of uncertainty in the range of aerosol radia-
tive forcings predicted by different models.

Two more effects involving BC need to be considered
when calculating the radiative effect of BC particles:

- the semi-direct effect: the fact that absorbing particles in
and around clouds heat up the atmosphere and lead to the
evaporation of the cloud.27

- the ice-snow albedo effect: the deposition of absorbing
particles on snow and ice reduces reflectivity and potentially
leads to earlier melting.

These effects enhance the warming by BC, as they reduce
the reflectivity of clouds and of a portion of the Earth’s sur-
face. Depending on the altitude of BC aerosol relative to
clouds, the BC-induced heating can lead to either an increase
or decrease of cloud cover. Isaksen et al.28 report a range of
�0.25 to þ 0.50 W m�2 for semidirect BC forcing.

Mitigation of BC has been suggested as a strategy com-
plementary to reduction of greenhouse gases.29,30 Any per-
turbation that affects the global aerosol number concentra-
tion has the potential to alter CCN concentrations and cloud
properties. Depending on the fraction of BC primary par-
ticles that eventually become CCN, BC mitigation would
affect global CCN concentrations, possibly leading to a
change in global cloud radiative forcing from warm clouds.
If such a perturbation were to result in a reduction in TOA
cloud cooling, the amount of that reduction would oppose
the amount by which the TOA direct BC heating is also
reduced. To investigate this phenomenon, Chen et al.31 con-
sidered two present-day mitigation scenarios: 50% reduc-
tion of primary black carbon/organic carbon (BC/OC) mass
and number emissions from fossil fuel combustion (termed
HF), and 50% reduction of primary BC/OC mass and num-
ber emissions from all primary carbonaceous sources (fossil
fuel, domestic biofuel, and biomass burning) (termed HC).
The Chen et al.31 study is based on two key assumptions:
(1) a decrease in BC mass emissions would be accompa-
nied by a decrease in primary particulate number emissions,
which would lead to a lower global aerosol number concen-
tration and (2) by virtue of internal mixing with hydrophilic
aerosol components, BC is assumed to contribute to the
CCN population. Radiative forcing effects of these two sce-
narios were assessed through present-day equilibrium cli-
mate simulations. Global average top-of-the-atmosphere
changes in radiative forcing for the two scenarios, relative
to present day changes were calculated to be þ0.13 � 0.33
W m�2 (HF) and þ0.31 � 0.33 W m�2 (HC). Even less is
known about the effects of BC, and indeed aerosols in gen-
eral, on mixed phase or ice clouds; Isaksen et al.28 suggest
a range of forcing estimates �0.5 to þ0.5 W m�2 with no
best estimate.

Jones et al.32 have identified the pattern of surface warm-
ing produced by BC in the observational record for the sec-
ond half of the 20th Century, using climate simulations with
a coupled atmosphere-ocean general circulation model. They
divided the temperature responses into four categories, those
due to: natural forcings, GHGs, factors other than BC (aero-

sols other than BC, ozone, land-use changes), and BC. While
natural forcings did not contribute significantly to the tem-
perature trends, the other three groups did. Notably, the
warming effect of BC is discernable in the record. This find-
ing is important because of the varied influences of BC on
climate. As noted above, changes of BC levels can, in prin-
ciple, affect global CCN concentrations. If increases in BC
are reflected in increased CCN concentrations globally, then
this could lead to an increase in cloudiness and a cooling
effect. The analysis of Jones et al.32 shows that the overall
climatic effect of BC is one of warming. Despite any effect
of BC mitigation on reduction of cloud cooling, which is at
present highly uncertain, these results point to the beneficial
effect of BC reduction on climate warming.

Lifetimes of climate forcing agents

Climate forcing agents, gases and aerosols, have a wide
range of atmospheric lifetimes. Particles (aerosols) have an
atmospheric lifetime of at most a few weeks. The response
of global temperature to a change in CO2 emissions will
occur initially over the several-decade characteristic time
of climate change but will continue to evolve slowly over
the [1000 year lifetime of CO2.

33 A corresponding change
in aerosol emissions will result in a new atmospheric aero-
sol level within weeks. Still, the full climatic effect of that
change will not be realized until the several-decade cli-
mate response time. The inherent climate change timescale
also applies to the response to reductions in levels of cli-
mate forcing agents. Part of the accelerating trend in
global warming during the last three decades can be attrib-
uted to the success of air pollution controls that have lead
to a reduction mainly of sulfate and nitrate aerosols. Fur-
ther reductions in levels of particulate matter required to
protect human health will continue to contribute to global
warming.34

Cosmic Rays and Climate

Galactic cosmic rays (GCRs) are the high-energy particles
that flow into our solar system from far away in the Galaxy.
GCRs are mostly pieces of atoms: protons, electrons, and
atomic nuclei that have had all of the surrounding electrons
stripped during their high-speed (atmost the speed of light)
passage through the Galaxy. Cosmic rays provide one of the
few direct samples of matter from outside the solar system.
The magnetic fields of the Galaxy, the solar system, and the
Earth have scrambled the flight paths of these particles so
much that one can no longer point back to their sources in
the Galaxy. About 90% of the cosmic ray nuclei are hydro-
gen (protons), and about 9% are helium (alpha particles).
Cosmic rays are the main source of ions in the free atmos-
phere. For ions in the ambient atmosphere, the rate of pro-
duction is\30 ion pairs cm�3 s�1. A steady state concentra-
tion of ions is � 2000 ions cm�3, and the time scale for
ion–ion recombination is � 6 minutes. Variations in the so-
lar wind modulate the cosmic ray flux; when sunspot number
is at its minimum, the cosmic ray flux is at its maximum
and vice versa.

It has been suggested that a connection exists between so-
lar activity, through its effect on galactic cosmic rays, and
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global warming of the past several decades.35 The mecha-
nism involves the effect of the cosmic ray flux on the gen-
eration of atmospheric ions, which serve as nucleation sites
for formation of ultrafine particles,36 some of which then
grow large enough to become cloud condensation nuclei.
The cosmic ray-climate hypothesis is: A decrease in solar
activity leads to an increase in GCRs, leading to an
increase in the rate of ion production in the atmosphere
and in the ambient ion concentration. An increase in the
ion concentration leads to an increase in particle formation
by ion-induced nucleation. Increased levels of atmospheric
aerosols lead to an increase in CCN concentrations, which
produces enhanced cloud coverage and a cooler climate.
Global warming could result from reduced cloud cover
owing to variation of the solar-induced cosmic ray flux, or
vice versa.

The galactic cosmic ray flux to the lower atmosphere
varies by � 15% over the 11-year solar cycle, with higher
cosmic ray fluxes at the minimum of the cycle. Proxies for
the cosmic ray flux indicate that the flux has decreased over
the past century by an amount roughly equal to its variation
over a solar cycle.37 Because low clouds exert a strong cool-
ing effect on climate, any mechanism that can affect global
low clouds, by even a few percent, has the potential to exert
significant leverage on climate. New particles form in the
atmosphere by nucleation of vapor molecules, and it is well
established that nucleation is enhanced by the presence of
ions, so-called ion-induced nucleation. Freshly nucleated par-
ticles have diameters of about 1 nm. The CCN upon which
low (stratus) clouds form need to be about 80–100 nm in di-
ameter. Freshly nucleated particles grow in the atmosphere
by condensation of vapor molecules, such as sulfuric acid
and organics, and to function as CCN, they must grow into
the 80–100 nm range. More numerous CCN lead to clouds
with more numerous, but smaller, droplets; such clouds tend
to have a higher albedo than their lower concentration coun-
terparts, reflecting more sunlight back to space and cooling
the Earth. As noted above, it has been hypothesized that a
decrease in cosmic ray intensity, which leads to a decrease
in atmospheric ion formation and thus in new particle forma-
tion, thereby leads to a decrease in CCN and a decrease in
low cloud cover.

From a climate point of view, the atmospheric particle
number concentration is most important in determining the
CCN concentration, that is, those particles that can activate
to form cloud droplets at water supersaturations prevailing in
the atmosphere. The rate at which new particles form (nucle-
ation) helps govern the overall number concentration of par-
ticles. Despite long recognition of this, the rates at which
and the mechanisms by which nucleation occurs in the
atmosphere are still the subject of intense interest.38 This is
a result of the sheer difficulty of duplicating atmospheric
nucleation in the laboratory and the considerable challenge
of sampling and measuring fresh sub-nm sized atmospheric
nuclei. Add to this the role of ions, and the experimental
and theoretical challenges are substantial. Sulfuric acid vapor
is almost always the nucleating species; if certain organic
molecules, like amines, are present, the rate of sulfuric acid
nucleation is enhanced. And if ions are present as well, the
nucleation rate is enhanced even further. Also, we know that
there is virtually never sufficient sulfuric acid vapor present

to condense on and grow a freshly nucleated particle to
CCN size; organics are needed for this.

The critical quantity in the cosmic ray/cloud linkage is the
fraction of nucleated particles that survive to reach CCN
size, as sufficient vapor may not be available for their
growth or many may be scavenged by coagulation with pre-
existing particles.39 A significant fraction of CCN results
from particles emitted directly by sources, such as combus-
tion and sea salt, and nucleated particles that do survive to
reach CCN size must ‘‘compete’’ with the myriad of these
primary particles. Finally, most of the ionization potential of
cosmic rays is at high altitude and high latitude; to affect
low cloud formation at low latitudes, the CCN must be sig-
nificantly transported.

Pierce and Adams40 have carried out global aerosol simu-
lations for years with high (solar min) and low (solar max)
cosmic ray fluxes, approximately corresponding to years
1986 and 1990, respectively, leaving all other model pa-
rameters unchanged. The two cases considered were
intended to capture the extent of change in mean cosmic
ray flux over the past century. Throughout most of the free
troposphere, the ion-pain production rate changes by 15–
30% between the solar minimum and maximum, with
changes less than 10% in the layer closet to the Earth’s sur-
face. The authors considered two ion nucleation rate mod-
els, the upper limit model assuming that every ion pro-
duced, positive or negative, will nucleate a particle pro-
vided that there is enough sulfuric acid vapor to condense
on the particle and grow it to 1 nm. CCN concentrations at
0.2% water supersaturation (a typical supersaturation
reached in low stratus clouds) are highest in the Northern
Hemisphere mid-latitude lower troposphere and are domi-
nated by direct emissions from anthropogenic sources. After
accounting for all the intervening atmospheric physics, the
sensitivity of CCN at 0.2% supersaturation to changes in
the nucleation rate between the solar maximum and solar
minimum was found to be very low.

The calculated insensitivity of CCN to changes in aero-
sol nucleation from varying cosmic ray flux is a conse-
quence of the competitive physical processes involving
small particles in the atmosphere. At faster nucleation
rates, more nm-sized particles compete for the available
condensable gases to grow to CCN sizes. Each particle
grows more slowly and thus remains longer at the small
sizes at which the particles are subject to efficient coagula-
tion scavenging by other particles. Despite the fact that
more particles have formed, the probability of any one par-
ticle surviving to reach CCN size is much lower. And,
even if fewer CCN were generated by cosmic rays, it does
not necessarily follow that global cloud formation would
be inhibited, as in many regions of the Earth ample CCN
exist from both natural and anthropogenic sources. All of
these processes act to strongly dampen the sensitivity of
CCN concentration to changes in the new particle forma-
tion rate.

For a demonstrable effect of galactic cosmic rays on cli-
mate, it would be necessary that the cosmic ray flux exhibit
a clear and significant long-term downward trend. Such a
trend, however, is not seen (Figure 5). Analyses of atmos-
pheric data find no evidence of changes in cloud cover from
changes in cosmic ray fluxes.42–44
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Total Estimated Anthropogenic Forcing

Table 1 summarizes the IPCC1 estimates and uncertainty
bars (5–95% confidence range) on forcing from all important
climate agents. Total forcing from the increase in CO2 over
the industrial period is þ 1.66 W m�2. Increase in CH4,
N2O, chlorofluorocarbons, and tropospheric O3, in aggregate,
are estimated to produce a forcing of þ 1.33 W m�2, a value
close to that of CO2 itself. (The decrease in stratosphere O3

due to chlorofluocarbons is estimated to produce a slight
cooling effect.) Forcings resulting from changes in surface
albedo are estimated to produce both warming and cooling
effects, with a slight net cooling. Aerosols, on the whole,
exert a cooling effect on climate, with direct forcing esti-
mated as �0.5 W m�2. The indirect climate forcing (effect
of aerosols on cloud albedo) was estimated as �0.7 [�1.1,
þ 0.4] W m�2, and no estimate was given of the forcing at-
tributable to the effect of aerosols on cloud lifetime. Thus,
the total aerosol forcing was estimated as �1.2 W m�2. This
can be compared with the total forcing due to GHGs and tro-
pospheric O3 of þ3.0 W m�2. Thus, according to the
IPCC estimate, aerosols reduce GHG þ O3 forcing by 40%,
globally.

Aerosol forcing is the most uncertain component of over-
all anthropogenic climate forcing, and the forcing attribut-

able to black carbon represents a substantial part of that
uncertainty. Anthropogenic BC direct forcing is estimated
from climate model simulations1 to range from 0.2 to
0.6 W m�2. There is considerable uncertainty in estimated
preindustrial BC forcing, ranging from 0.05 to 0.08 W
m�245 to 0.35 W m�2.46

Myhre47 addressed the consistency between satellite-

derived and modeled estimates of the direct aerosol effect.

BC aerosols and emissions have increased more than a factor

of 6 since preindustrial time. Anthropogenic-influenced scat-

tering aerosols have increased by a factor of � 3 to 4.

Myhre estimated the change in global aerosol single scatter-

ing albedo from preindustrial to present as 0.986 to 0.970.

Because the absorbing fraction changed from 0.014 to 0.030,

the particles are estimated to have become twice as absorb-

ing in present times. Accounting for this change in the scat-

tering/absorbing properties of the global aerosol does allow a

closer reconciliation between satellite- and model-derived

estimates of direct aerosol forcing. Myhre47 arrived at a best

estimate of current day direct aerosol forcing of �0.3 � 0.2

W m�2. Note the comparison with the IPCC best estimate of

direct aerosol forcing of �0.5 W m�2.
The forcing resulting from the increase in concentrations

of long-lived GHGs and ozone from preindustrial time to

Figure 5. Galactic cosmic ray intensity from roughly 1950 to present day.41
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present day is � 2.9 W m�2 (Table 1). This quantity is 78%
of the forcing corresponding to 2xCO2. If one takes the
IPCC best estimate of DT2xCO2

of 3�C, then the equilibrium
increase in global mean temperature to present day is
� 2.3�C. As this is an equilibrium value, one needs to add
� 0.6�C of unrealized warming to the actual observed tem-
perature rise of 0.8�C, to obtain a value of � 1.4�C, well
below that based on the estimated climate sensitivity. As the
expected DT that would result from 2xCO2 substantially
exceeds the observed increase of 0.8 K for the entire
2.0�4.5 K range, for climate sensitivity to be the sole expla-
nation for the temperature discrepancy, the actual climate
sensitivity would have to be even lower than the IPCC lower
limit, a result that IPCC termed ‘‘very unlikely.’’ The IPCC
best estimate of net global aerosol forcing from all climate
agents combined is �1.2 W m�2 (5�95% range �0.6 to
�2.4 W m�2). The magnitude of aerosol forcing is substan-
tial when compared with the GHG forcing of þ 2.67
W m�2. (At this level aerosol cooling is offsetting 45% of
GHG warming). Given the uncertainty associated with the
aerosol forcing itself, the inescapable conclusion is that aero-
sol forcing is the most important uncertainty in determining
climate sensitivity.

If the actual magnitude of aerosol forcing is close to
the low end of its estimated uncertainty range, then the
aerosol forcing offsets a considerably smaller fraction of
the GHG forcing, and the total net global forcing is at the
high end of its range, � 2.4 W m�2 (see also Schwartz48).
At the other extreme, if the actual aerosol forcing is at
the high end of its estimated range, then aerosol forcing is
currently offsetting a major fraction of GHG forcing, and
the total net global forcing is only � 0.6 W m�2. For the
observed global-mean temperature increase over the indus-
trial period of 0.8�C, these two extremes of estimated
global net forcing have major implications in terms of cli-
mate sensitivity:

k � 0:8oC

2:4 W m�2
¼ 0:33oC W�1 m2

ðlow end of aerosol forcingÞ

k � 0:8oC

0:6 W m�2
¼ 1:33oC W�1 m2

ðhigh end of aerosol forcingÞ
The factor of four difference in climate sensitivity trans-

lates into the following range of estimates of equilibrium
DT2xCO2

DT2�CO2
ffi 1:2oC ðlow end of aerosol forcingÞ

DT2�CO2
ffi 4:9oC ðhigh end of aerosol forcingÞ

As the forcing from GHGs is well constrained, if present-
day negative aerosol forcing is larger, the climate sensitivity
consistent with the observed temperature change must itself
be larger. This relationship is shown in Figure 6 in which
DT2xCO2

is a function of the assumed net aerosol forcing. If
net aerosol forcing (negative) exceeds �1.2 W m�2, then the
amount of ‘‘cancellation’’ of GHG warming is even greater;
consequently, the implied climate sensitivity to produce the
actual observed temperature increase must be larger. At a
present-day aerosol forcing of �2.0 W m�2, for example,
the climate sensitivity to 2xCO2 must be almost 4.5�C; at a
net aerosol forcing of �1.0 W m�2, the 2xCO2 sensitivity is
close to 1.5�C. The shaded area in Figure 6 represents the
climate sensitivity range of 1.5 to 4.5�C for 2xCO2. A
range of aerosol forcings from about �0.5 to �2.0 W
m�2encompasses the range of climate sensitivities from 1.5
to 4.5�C. At the IPCC estimate of total aerosol forcing of
�1.2 W m�2, the GISS Model E, which was used to pro-
duce Figure 6, predicts a climate sensitivity of 2�C for
2xCO2. Schwartz et al.49 provide a more complete

Table 1. Radiative Forcings Since Preindustrial Time1

Species Radiative forcing (W m�2)

Long-lived greenhouse gases
CO2 þ1.66 � 0.17
CH4 þ0.48 � 0.05
N2O þ0.16 � 0.02
Halocarbons þ0.34 � 0.03
Total þ2.63 � 0.26

Ozone
Stratospheric* �0.05 � 0.10
Tropospheric þ0.35 [�1.0, þ 0.3]

Stratospheric H2O vapor from CH4 þ0.07 � 0.05
Aerosol
Total direct �0.50 � 0.40
Indirect (cloud albedo) �0.70 [�1.1, þ 0.4]

Solar irradiance þ0.12 [�0.06 þ 0.18]

*A reduction in stratospheric O3 affects surface temperature in two ways: (1)
less stratospheric O3 implies that more solar radiation will reach the surface-
lower atmosphere system, which will tend to warm the climate; but (2) less
stratospheric O3 will lead to a cooler stratosphere (due to less absorption of
solar radiation by O3) that leads to less downwelling infrared radiation to the
surface-lower atmosphere system, which will tend to cool the climate. The
net effect on climate is smaller than either of the two effects taken alone,
and the sign of the net effect depends on the altitudes where the O3 change
takes place. A reduction in O3 at higher altitudes leads to net warming; a
reduction of O3 at lower altitudes leads to net cooling.

Figure 6. Climate sensitivity to doubling of CO2 from its
preindustrial level (�C) as a function of assumed
present-day net aerosol forcing (W m22), as
computed by Goddard Institute for Space Stud-
ies (GISS) Model E for the 20th Century (Gavin
Schmidt, personal correspondence).

Excess ocean heat content ¼ 0.85 W m�2.
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discussion on the interplay between aerosol forcing and cli-
mate sensitivity.

The observed global warming up to present day can be
simulated with different combinations of net radiative forc-
ing and climate sensitivity. Knutti and Hegerl50 illustrated
this with a climate model of intermediate complexity used to
simulate global temperature with a low climate sensitivity
and a high total forcing over the 20th Century (2�C, 2.5 W
m�2) and with a high climate sensitivity and low net forcing
(6�C, 1.4 W m�2). Their results, shown in Figure 7, indicate
that while both combinations can match observed 20th Cen-
tury warming, that projected for the 21st Century based on
standard emission scenarios will be quite different depending
on the climate sensitivity.

In summary, uncertainty in global forcing attributable to
aerosols translates into an uncertainty in climate sensitivity
based on the observed change in global temperature over the
last few decades. If the value of present-day aerosol (nega-
tive) forcing is deemed to be larger, the inferred climate sen-
sitivity is also larger; in other words, if the cooling effect of
aerosols is larger, the sensitivity of climate change (the
amount of warming as a result of a change in forcing) must
be larger to be consistent with the observed temperature rise.
In the presence of sustained emissions of aerosols and their
precursors, the overall cooling effect of aerosols will con-
tinue to offset a portion of the warming by GHGs. Owing to
the roughly 2-week tropospheric residence time of aerosols,
this continued replenishment of aerosol levels conflicts with
attempts to reduce global air pollution. On the other hand,
an abrupt decrease in aerosol levels would lead to a jump
in temperature as a result in the increase in net positive
forcing.34,51,52

Simplified Dynamic Description of Climate
Forcing and Response

As only one-half of the Earth is illuminated at any time, the
incoming solar energy flux is the product of the solar constant,
So, the projected area of the sphere, pR2, and (1-A), where A is
the shortwave albedo of the Earth (the fraction of incoming
radiation that is immediately reflected back to space). The out-
going longwave radiation flux is the product of the entire area
of the planet, 4pR2, and the Stefan-Boltzmann flux, rT4

(assuming, for the moment, a longwave emissivity e of unity),
where r is the Stefan-Boltzmann constant (5.67 � 10�8 W
m�2 K�4). For the Earth, A % 0.3.53 At equilibrium, the global
average effective temperature of emission is

T ¼ So 1� Að Þ
4r

� �1=4
(1)

With So ¼ 1370 W m�2 and A ¼ 0.3, Eq. 1 predicts T ¼
255 K. The actual global average surface temperature of the
Earth’s surface is � 288 K. As the longwave radiation emit-
ted by the Earth originates not just from the Earth’s surface
but also from the atmospheric itself, which is substantially
colder than the surface, T ¼ 255 K is a measure of the over-
all equilibrium temperature of the Earth-atmosphere system.
The top-of-the-atmosphere radiative balance does not reveal
the surface temperature or the vertical distribution of temper-
ature in the atmosphere.

Response to a perturbation of the Earth’s radiative
equilibrium

Consider a perturbation in the Earth’s energy balance such
that the absorbed shortwave radiation and emitted longwave
radiation are no longer in balance. Then, the Earth’s temper-
ature will change to re-establish equilibrium. Although a
detailed evaluation of the transient response of Earth’s
energy balance requires a full-scale climate model, many
key features of a transient climate response can be extracted
from a single-compartment model of the atmosphere-land-
ocean system. If H denotes the total heat content of the
Earth system (in units of J m�2) and F is the imposed forc-
ing, then the energy balance is

dH

dt
¼ F ¼ 1

4
1� Að Þ So � e r T4 (2)

dH/dt can be expressed as

dH

dt
¼ C

dT

dt
(3)

where C (J m�2 K�1) is an effective heat capacity of the Earth
system that represents only that portion of the global heat
capacity that is coupled to the perturbations on the time scale
of the perturbation.54 Then the transient temperature response
is governed by

C
dT

dt
¼ 1

4
1� Að Þ So � e r T4 (4)

Figure 7. Simulation of observed warming over the
20th Century with a low climate sensitivity
and high net forcing (2�C, 2.5 W m22; blue
line) and a high climate sensitivity and low
net forcing (6�C, 1.4 W m22; red line).

Figure reproduced from Knutti and Hegerl.50 [Color figure
can be viewed in the online issue, which is available at
wileyonlinelibrary.com.]
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Suppose at the time of the perturbation, the Earth is at an
equilibrium global temperature Ti. The transient temperature
T can be expressed as Ti þ DT, where DT, the temperature
change, will generally be small as compared to Ti. (For
example, for Ti % 255 K, DT might be the order of a few
K.) The new equilibrium corresponding to the sustained per-
turbation is given by

0 ¼ 1

4
1� Að Þ So � e r Ti þ DT1ð Þ4 (5)

The fact that DT is small relative to Ti can be exploited in
determining the transient response as governed by Eq. 4. Let
us write (4) as

C
dDT
dt

¼ F Ti þ DTð Þ (6)

where F(�) is again just the imposed forcing. We can expand
the R.H.S. of (6) in a Taylor series as

C
dDT
dt

¼ F Tið Þ þ DT
@F

@T
Tij

¼ F Tið Þ þ 4 e r T3
i DT

(7)

Assuming that A and e do not depend on T, the solution
of (7) is

DT tð Þ ¼ F Tið Þ= C

4 e r T3
i = C

1� exp � 4 e r T3
i t

C

� �� �

(8)

The time constant for relaxation of the Earth’s temperature
to the new equilibrium temperature is

s ¼ koC (9)

where ko ¼ (4erT3i )
�1 (K W�1 m�2). As t ! 1, the

equilibrium temperature change is

DT1 ¼ koF (10)

where ko is the blackbody equilibrium climate sensitivity. For
Ti ¼ 225 K and an assumed infrared emissivity e ¼ 1, ko ¼
0.27 K W�1 m�2. A more accurate value of ko derived from
General Circulation Model calculations is ko ¼ 0.31 K W�1

m�2.55 As noted earlier, the fact that the actual climate
sensitivity k is considerably larger than ko is the result of
climate feedbacks.

Climate feedbacks

The energy balance expresses a relationship between the
change in forcing, DF, and the change in temperature, DT.
That a change in forcing leads to a blackbody change in tem-
perature is depicted by the top panel of Figure 8, depicting the
fundamental blackbody response DTo from the temperature de-
pendence of the infrared emission rate according to the Stefan-
Boltzmann law, DTo ¼ ko DF, where ko is the parameter that
accounts only for the Stefan-Boltzmann response. As global T
increases, for example, the absolute concentration of atmos-
pheric water vapor increases, leading to even more absorption
of longwave radiation, and ice and snow are replaced by the
more absorptive sea or land surfaces, leading to a decreased
albedo A and even more absorption of solar radiation. In short,
the climate system itself acts as an amplifier of externally
imposed radiative forcing, via a positive feedback.

This feedback is depicted by the second panel in Figure 8,
in which the initial blackbody change in temperature feeds
back, with coefficient c1, adding to the initial forcing DF.
Then the full temperature response is

DT ¼ koðDFþ c1 DTÞ (11)

and the resulting temperature change is

DT ¼ ko DF
1� c1 ko

(12)

The term c1ko can be termed the feedback factor. The ra-
tio of the actual temperature change to the blackbody change
can be called the gain, that is, the amount by which the tem-
perature increases over the blackbody change due to the
presence of the feedback,

G ¼ DT
DTo

(13)

and letting f ¼ c1ko, the gain is

G ¼ 1

1� f
(14)

Figure 8. Block diagram representation of climate
feedback processes.

[Color figure can be viewed in the online issue, which is
available at wileyonlinelibrary.com.]
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With several feedbacks (see third panel of Figure 8),

DT ¼ koDF
1� ko

P
i

ci

¼ DTo
1� ko

P
ci

(15)

With fi ¼ ci ko, the gain is

G ¼ 1

1� P
i

fi
¼ 1

1� f
(16)

Although individual feedback factors are additive, the
combined gain is greater due to the compounding effect of
the positive feedbacks on each other.

Physical interpretation of feedback factors

Equation 4 can be expressed as

C
dT

dt
¼ FðTÞ (17)

where F(T) is the R.H.S. of (4), the radiative imbalance.
Starting from a steady state F(Ti) ¼ 0, and applying a
sustained perturbation DF, the climate system will act to
restore radiative equilibrium F (Ti þDT) ¼ 0. At any time, the
change in the radiative imbalance can be written as

dF ¼ @F

@T
dT (18)

Integrating between the onset of the perturbation and the
new steady state yields

Z 0

DF
dF ¼

Z Ti þ DT1

Ti

@F

@T
dT (19)

Assuming linear behavior in the vicinity of the steady
states, it follows that

DF ¼ �@F

@T

����
Ti

DT1 (20)

From DT1 ¼ k DF,

k�1 ¼ �@F

@T

����
Ti

(21)

Differentiating (4) with respect to T yields

k�1 ¼ 4reT3
i þ So

4

@A

@T

����
Ti

þ rT4
i

@e
@T

����
Ti

(22)

The blackbody climate sensitivity ko, as in (10), is

k�1
o ¼ 4reT3

i (23)

and k can be expressed as in (15),

k ¼ ko
1� ko c1 þ c2ð Þ (24)

where

c1 ¼ � So
4

@A

@T
jTi c2 ¼ � rT4

i

@e
@T

jTi (25)

Feedback 1 is related to the change in planetary albedo
with changing temperature, and feedback 2 describes the
change in infrared emissivity with changing temperature.
Planetary albedo changes include cloud and snow/ice feed-
backs. Changes in emissivity with temperature include water
vapor and atmospheric lapse rate feedback. The feedback
factors fi in (16) are identified as

f1 ¼ ko c1 f2 ¼ ko c2 (26)

The range of variation of equilibrium temperature increases
predicted for 2xCO2 is a result of the different ways in which
climate models simulate processes internal to the climate sys-
tem that either amplify or dampen the climate system’s
response to external forcing. Those climate feedbacks that
directly affect the top-of-the-atmosphere radiation budget and
do not involve chemical or biochemical processes in the bio-
sphere or oceans involve water vapor, clouds, tropospheric
temperature gradient (so-called temperature lapse rate), and
surface albedo in snow/ice regions. The temperature lapse
rate in the troposphere (i.e., the rate of decrease of tempera-
ture with altitude) affects the atmospheric transmission of
infrared radiation to space; the steeper the decrease of temper-
ature with height, the larger the greenhouse effect. Clouds
strongly modulate the Earth’s radiation budget, and the
response of clouds to a global temperature change is a sub-
stantial part of the overall feedback effect. Of the global cli-
mate feedbacks, the water vapor feedback is the strongest.

Principal climate feedback parameters and gains, as
deemed most probable by IPCC, are given in Table 2. The
summation of ci leads to a value of 1.91 W m�2 K�1. With
ko ¼ 0.31 K W�1 m2, it follows that k ¼ 0.76 K W�1 m2.
For discussions of climate feedbacks, we refer the reader to
Bony,56 Soden and Held,55 Roe and Baker,57 and Roe.58

Water vapor feedback amplifies the global temperature
response by a factor of 2 or more. Lapse rate feedback acts
to dampen a warming response by about 20%. The mean
value of predicted cloud feedback acts to amplify warming
by about 30%, and surface albedo feedback leads to about
10% amplification of warming.

Climate Feedbacks

Water vapor feedback and lapse rate feedback

Water vapor is a natural constituent of the Earth’s atmos-
phere, and it is the principal absorber of longwave infrared
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radiation emitted from the surface of the Earth. Even at the
current level of atmosphere CO2, water vapor makes up at
least 50% of the greenhouse effect; CO2 constitutes about
20%. The amount of water vapor in the atmosphere is deter-
mined by a balance between evaporation, principally from
the oceans, and removal via precipitation. The mean atmos-
pheric lifetime of a H2O molecule is about 10 days; this
means that, following any perturbation, a new water vapor
equilibrium is established in a couple of weeks. (Too much
water vapor in the air will rain out; too little, and more
evaporates from the oceans, over this time scale). A positive
feedback from water vapor is supported by basic physical
theory and by many observations from ground- and space-
based measurements.59,60 Models have consistently predicted
that, as warming takes place, atmospheric water vapor levels
increase in a manner such that the relative humidity stays
constant.61 Detailed evaluations of data have shown that this
prediction is essentially accurate. At the higher temperature,
a constant relative humidity translates to a higher absolute
concentration (specific humidity), so the total amount of
water vapor in the air increases. Specifically, the water hold-
ing capacity of the atmosphere increases by 7% for each
1�C rise in temperature (as predicted by the Clausius-Cla-
peyron relation).

Once the H2O concentration rises, the additional infrared
absorption by the increased H2O amplifies the initial warm-
ing through a powerful feedback effect. A test of the ability
of climate models to simulate the water vapor feedback
effect was afforded after the 1991 eruption of Mt. Pinatubo
in the Philippines.62 The volcanic aerosol caused global
cooling for more than 2 years after the eruption. From the
observed amount of sulfate aerosol emitted by the volcano,
models were able to predict the observed decrease in water
vapor resulting from the cooling induced by the aerosol.

Climate models predict that the concentration of H2O
vapor will increase in the upper troposphere as a result of
increases in GHGs. Satellite measurements show a signature
of upper tropospheric moistening over the period 1982–
2004,63 in accordance with predictions. This result was espe-
cially important in establishing the validity of treatment of
water vapor feedback by climate models. Water vapor near
the surface has little influence on the top-of-the-atmosphere
balance, because the temperature of the air near the surface
is close to that of the surface itself. By contrast, the rela-
tively small quantity of water vapor aloft has a substantial
influence on the top-of-the-atmosphere energy budget,
because it increases the infrared opaqueness of these layers
that are much colder than the surface. In so doing, this H2O
vapor blocks the upwelling infrared from the warmer parts
of the atmosphere and replaces it with infrared emissions
from the cold layer. Soden et al.63 analyzed satellite data to

compare mid- to upper tropospheric H2O vapor observations
with general circulation model predictions for the
1982�2004 period. The data indicate that upper-level mois-
ture increases in warmer conditions, in the same manner as
predicted by models. Moreover, by artificially suppressing
moisture changes in synthetic data, they were able to defini-
tively reject the hypothesis that upper troposphere water
vapor content would remain constant as temperature
increases.

The water vapor feedback process results mainly from
changes in water vapor concentrations in the tropical upper
troposphere.59 In this region of the atmosphere, temperatures
are well below those at the surface, and the water vapor lies
above most of the clouds. Water vapor in this region is
transported by the large-scale circulation, which conserves
specific humidity (the ratio of the mass of water vapor to the
total mass of a unit volume of air).64 Thus, the water vapor
feedback is essentially controlled by large-scale dynamics
and the outflow of tropical deep convective systems. All
global climate models predict a strong water vapor feedback.
A spread among models in the magnitude of water vapor
feedback is largely compensated by an opposite spread in
the lapse rate feedback, which is a negative feedback that
arises because a warmer atmosphere emits more infrared
radiation to space, thereby reducing net surface warming. It
turns out that the sum of the two feedbacks is about half the
magnitude of the water vapor feedback and is quite consist-
ent among climate models. Although both observations and
models suggest that the magnitude of the water vapor feed-
back is similar to that if relative humidity remains constant
in the atmosphere everywhere, this should not be construed
to mean that RH is exactly constant everywhere; regional
variations will occur, but they will have a negligible effect
on the global feedback.

With respect to the water vapor and lapse rate feedback,
at low latitudes climate models predict a larger warming at
altitudes than near the surface, leading to a negative lapse
rate feedback. At mid and high latitudes, by contrast, models
predict a larger warming near the surface, i.e., a positive
lapse rate feedback. On a global average, the tropical lapse
rate response dominates, and the climate change lapse rate
feedback is negative. Although all climate models predict
this response, its magnitude varies among models. Intermo-
del differences in global lapse rate feedbacks are primarily a
result of different meridional patterns of surface warming;
the larger the ratio of tropical to global warming, the larger
the negative lapse rate feedback. In summary, water vapor
feedback is virtually certain to be strongly positive, with
most evidence supporting a magnitude of 1.5 þ 2.0 W m�2

K�1. Thus, water vapor feedback alone roughly doubles the
amount of warming that would otherwise occur.

Cloud feedback

Solar and terrestrial radiative properties of clouds have
offsetting effects in terms of Earth’s energy balance. In the
infrared, clouds generally reduce the radiation emission to
space and thus lead to a heating of the planet. In the solar
region of the spectrum, clouds reflect sunlight back to space
and thus produce a cooling. In areas covered by deep cumu-
lus clouds, almost all of the incoming solar radiation is

Table 2. Climate Feedback Parameters and Gains1

ci (W m�2/K) Gi ¼ 1
1�koci

Water vapor 1.80 � 0.18 2.27
Lapse rate –0.84 � 0.26 0.80
Clouds 0.69 � 0.38* 1.28
Surface albedo 0.26 � 0.08 1.09

*Dessler66 derived a value of 0.54 � 0.74 (2r). See text.
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reflected back to space. The cold cloud tops radiate very lit-
tle energy to space. High, thin cirrus clouds, which often
form from the outflow of moist air in the cumulus anvils,
reflect some solar radiation back to space but also let some
through to the Earth’s surface. They emit some longwave
energy both to space and back to the surface.

In the tropics, large-scale overturning circulations are
associated with intense deep convective regions and wide-
spread cloud-free regions of sinking motion. Nearly all of
the upward motion occurs within deep cumulus clouds, with
gentle subsidence between clouds. At midlatitudes, the
atmosphere is organized in synoptic weather systems. The
tropics and extratropics are characterized by a number of
cloud types, from low-level boundary layer clouds to deep
convective clouds. The distribution of cloud types is con-
trolled by the large-scale atmospheric circulation as well as
the surface boundary conditions, wind shear, etc. In the
tropics, atmospheric dynamics control to a large extent
changes in cloudiness. Boundary layer cloud amount is
strongly related to the cloud types present, which depend on
a number of factors. In the midlatitude regions clouds are
controlled by the large-scale atmospheric dynamics.

The earth radiation budget experiment (ERBE), employing
the NASA earth radiation budget satellite, launched in
1984,65 has provided key data on the net radiative cloud
effect. Results from ERBE indicate that, at present in the
global mean, clouds reduce the radiative heating of the planet.
The degree of cooling depends on season and ranges from
about �13 to �21 W m�2. On the basis of hemispheric aver-
ages, longwave and shortwave cloud forcings tend to balance
each other in the winter hemisphere. In the summer hemi-
sphere, the negative shortwave cloud forcing dominates the
positive longwave cloud forcing, leading to a net cooling.

The net climatic effect of clouds is about –20 W m�2.
The cloud feedback contribution to climate feedbacks is a
quantification of how this net effect changes as the Earth
warms. If the result of a warmer climate is a further
reduction in net incoming energy, the feedback would be
negative; if a warmer climate leads to an increase in net
incoming energy, then a positive feedback results. Virtually
all climate models predict that cloud feedback is positive,
i.e., changes in clouds in a warmer climate will further
amplify warming, but the range of predicted values for the
feedback factor is quite large, ranging from near zero to � 1
W m�2 K�1 (see Table 2). This spread is the largest contri-
bution to the overall spread in climate sensitivities among
climate models. Dessler66 obtained an estimate of global
cloud feedback in response to short-term climate fluctuations
over the last decade, the main source of which is the El
Niño—Southern Oscillation (ENSO). During the El Niño
phase, monthly and global-average surface temperatures are
several tenths of a degree Celsius warmer than during the La
Niña phase. (These oscillations have been used to quantify
the water vapor feedback.) Dessler66 analyzed monthly and
global-average anomalies of TOA net radiative flux between
March 2000 and February 2010 measured by the Clouds and
Earth’s Radiant Energy System (CERES) instrument onboard
the NASA Terra satellite. Over this time period, the cloud
feedback had a magnitude of 0.54 � 0.74 (2r) W m�2 K�1.
No evidence to support a negative cloud feedback was
found.

Summary of feedbacks

If we consider the principal feedbacks acting in concert,
Eq. 16 predicts that G ¼ 2.45, and for 2xCO2, DTo ¼ 1.2�C
and thus DT % 3�C. Roe and Baker57 have shown the effect
of uncertainty in the feedback factor f on the gain G ¼ DT/
DTo (Figure 9). The feedback factor f is assumed to be
described by a probability density function hf (f), the mean
of which is at f ¼ 0.65, with a standard deviation of 0.13,
typical of that obtained in feedback studies with global cli-
mate models. Note that the mean value of f assumed by Roe
and Baker57 of 0.65 differs somewhat from the value of f ¼
0.59 inferred from the individual feedback factors in Table
2. The dot-dashed lines in Figure 9 represent 95% confi-
dence intervals on the distribution of f and the resulting dis-
tribution of DT. The mean value of f of 0.65 implies a value
of DT ¼ 3�C. Because the G ¼ 1/(1-f) relation is nonlinear,
the distribution of DT is not symmetric. A value of f at its
upper 95% confidence limit, exceeding 0.9 (highly unlikely),
would translate into a DT of about 13�C. The lower 95%
confidence limit on f, � 0.4, translates into DT � 2�C. The
individual climate feedback and the resulting overall feed-
back factor f differ among climate models owing to the par-
ticular representation of climate physics (essentially subgrid
scale processes) in each model. As noted, cloud feedback is
that with the most variability among climate models, which
results from the intrinsic subgrid scale treatment of cloud
processes in climate models.

Global Temperature Changes and the
Paleoclimate Record

Temperature changes from preindustrial to present

The instrumental record of global temperatures has been
the subject of considerable analysis as well as intense scru-
tiny. Figure 10 shows an analysis of the period 1880–2005
based on land data, satellite measurements of sea surface

Figure 9. Relationship between the probability distribu-
tion of the feedback factor f, hf (f) and that of
DT2xCO2

, hDT (DT), as expressed by Eq. 16.57
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temperature since 1982, and ship-based measurements in ear-
lier years. Estimated 2r (95% confidence) decreases from
0.1�C at the beginning of the 20th Century to 0.05�C in
recent decades. The current warming is nearly worldwide,
generally larger over land than over ocean, and largest at
high latitudes in the Northern Hemisphere. Overall warming
was about 0.7�C between the late 19th Century and year
2000. Slow warming, with large fluctuations, occurred over
the century up to 1975, followed by rapid warming at a rate
� 0.2�C per decade. Thus, the total warming from the late
19th Century to year 2008 is about 0.8�C. The largest warm-
ing has taken place over remote regions, especially high lati-
tudes. Warming occurs over ocean areas, far from direct
human effects. Warming over the oceans is less than that
over land; this is the expected response to a forced climate
change because of the large thermal inertia of the ocean.

As the tropics warm, according to basic atmospheric
physics, the upper atmosphere should heat up more than the
surface. Comparison of data from radiosondes and satellites
has generally confirmed this, although consistent long-term
trends from both types of measurements are difficult to dis-
cern due to changes in calibrations, etc. Johnson and Xie67

have used an independent method based only on observatio-
nal records of sea surface temperature and precipitation to
infer amplified warming in the upper troposphere, consistent
with theory and climate models. Sobel68 describes the
physics underlying the relationship between sea surface and
upper troposphere temperature. Consider an air parcel rising
from close to the tropical ocean surface. Its temperature
begins essentially as the sea surface temperature (SST), and
its relative humidity is 80–90%. As the air parcel ascends
and its temperature decreases, its water vapor condenses,
producing the convective clouds that are prevalent in the
tropics. As a result, the vertical atmospheric temperature pro-
file (the so-called moist adiabat) becomes that of the rising
air parcels. As the SST increases in response to global
warming, both the temperature and absolute humidity of the
surface air increase, so the rising air parcels follow a warmer
moist adiabat than before. As these warmer and moister air
parcels ascend, condensation of water vapor converts the
additional latent energy in the water vapor into a less steep
decrease of temperature. The new moist adiabat is warmer at
all altitudes, but the amount by which it is warmer is larger
at high altitudes owing to the fact that more and more of the
water vapor will have condensed at the higher altitudes. The
entire tropical atmosphere adjusts to the SST. The critical
value of SST above which convection can occur is � 27�C.
Johnson and Xie67 show that the SST threshold for convec-
tion has risen along with the tropical mean SST over the last
few decades. This finding implies that the upper troposphere
warms more than the surface. If the upper troposphere tem-
perature had not increased more than that at the surface,
then surface air parcels would not have to become as warm
to rise and form rain. In that case, the SST threshold would
be expected to remain roughly constant and not rise as
observed. These results provide powerful independent confir-
mation of the expected response of the vertical structure of
the atmosphere to global warming.

The three decades 1940–1970 were cooler than those pre-
ceding them. During this period sunspot activity and hence
solar insolation was low. In addition, several volcanic erup-

tions occurred that led to enhanced stratospheric sulfate aero-
sol and its associated cooling. Also, emission controls on
fine particles were generally absent or weak before 1970; as
a result, tropospheric aerosol levels were high, leading to
additional cooling. Based on satellite data from 1978 to
2002, the global troposphere (up to 10 km) has warmed at a
rate of þ0.22 to 0.26�C per decade, consistent with the
warming trend derived from surface meteorological sta-
tions.69 The Antarctic winter troposphere temperature has
increased at a rate of 0.5 to 0.7�C per decade over the past
30 years.70 The stratosphere has cooled since 1979, owing to
ozone depletion.

In evaluating climate trends, one must distinguish between
annual changes owing to internal oscillations (such as the
tropical El Nino Southern Oscillation) and those due to
external forcing. Outside of the tropics, the leading mode of
variability in atmospheric circulation is an oscillation of
atmospheric mass between mid- and high-latitudes in both
the northern and southern hemispheres, that is, not due to
the changing seasons, called annular modes. (The ENSO is a
coupled ocean-atmosphere phenomenon, while the annular
modes involve only atmospheric dynamics.) The annular
modes appear as distinctive patterns in sea level pressure,
temperature, and wind strength. Lower-than-normal pressure
conditions (relatively less mass) over the poles is termed a
high index or positive state. Climate models predict a shift
toward a more uniformly positive state for the southern an-
nular mode (SAM) under global warming, which is what has
been observed over the last few decades. A shift to a more
persistently positive SAM implies a poleward shift of the
westerly jet stream, an intensification of westerly winds over
the circumpolar ocean (at about 60� south latitude), and
weaker westerlies farther north. The circumpolar ocean cir-
culation intensifies as the SAM becomes more positive.

Aerosols diminish the amount of solar radiation reaching
the Earth’s surface, so-called ‘‘global dimming.’’71,72 While
GHGs are more or less evenly distributed over the entire
globe, aerosols are disproportionately concentrated in the
Northern Hemisphere. Based on this, one might expect pro-
portionately more warming in the Southern Hemisphere, but

Figure 10. Global temperature anomaly (�C) as derived
from surface air measurements at meteoro-
logical stations and ship and satellite meas-
urements (NOAA and U.S. E.P.A.).

[Color figure can be viewed in the online issue, which is
available at wileyonlinelibrary.com.]
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that is the opposite of what is observed. The explanation lies
in the fact that uniform CO2 concentrations do not imply
uniform heating. Dynamical effects (changes in winds and
ocean circulation) can exert as large an impact, locally, as
GHG-induced forcing. Because the Northern Hemisphere
contains disproportionately more land than the Southern
Hemisphere, GHG-induced heating disproportionately affects
the Northern Hemisphere. The ocean absorbs more heat
without warming nearly as much, as it distributes heat rap-
idly in the upper layers via convection. Over land, most
extra heat is transferred directly to the atmosphere. Another
important factor is the difference in ocean dynamics between
the Northern and Southern Hemisphere. Heat is mixed more
efficiently into the deeper waters of the Southern Ocean. The
interior of Antarctica has not warmed appreciably in the last
few years. Thompson and Solomon73 showed that the SAM
has been in a more positive phase (stronger winds) in recent
years; this acts as a barrier, preventing warmer mid-latitude
air from reaching the continent, and may be a result of a
combination of stratospheric O3 depletion and stratospheric
cooling owing to CO2.

74

Occurrence of extreme weather events

An issue that deserves mention is the relationship between
the gradual trend of rising global temperatures and the occur-
rence of extreme weather events. Day-to-day weather varies;
heat waves and extremes of cold weather occur every year.
The probability distribution of temperature at a given location
over a given period of time can be viewed as a bell-shaped
curve. Extreme events at either end of the curve (very hot,
very cold) will occur with a frequency roughly defined by the
curve itself. A steady warming trend, which is what is meant
by ‘‘climate change’’ or ‘‘global warming’’, shifts the entire
curve to the right. As the right-hand tail of the curve moves to
the right, the frequency of extreme warm events increases; like-
wise, at the other side of the curve, the frequency of extreme
cold events goes down. There will still be extreme cold spells,
but, averaged over a sufficiently long time, their frequency will
decrease. No individual weather event can be said to have
been ‘‘caused’’ by global warming. Heat waves have always
occurred; it is difficult to prove that any individual heat wave
today might not have happened even if all the greenhouse
gases had not been emitted. But, on average, the pattern should
be slowly changing: the frequency of record highs should be
increasing, and that of record lows should be decreasing. This
is exactly what the data show. The fact that it is bitter cold
outside today says nothing about climate change. Similar com-
ments pertain to precipitation extremes,75 with respect to which
recent work76,77 indicates that warming that has occurred may
already be influencing the intensity of rainfall.

The paleoclimate record

Records of past environmental changes are preserved in
paleo archives, such as ice caps, marine and lake sediments,
trees, and long-lived corals. Reconstruction of these records
requires that the properties measured in natural archives (prox-
ies) be quantitatively translated into environmental parameters.
In so doing, the proxies must be rigorously calibrated against
direct observations, such as air temperature or ocean salinity.

Thus, a period of overlap between the proxy record and con-
temporary data is important for calibrating paleo-reconstruc-
tions. Most natural archives contain many lines of evidence;
for example, a single ice core contains indications of air tem-
perature, atmospheric gas composition, volcanic activity, and
dust deposition rates. Proxy records must be dated so that the
timing of events, rates of change, and relationships between
different archives can be established. Chronologies are based
on a variety of methods. Several of these, such as radiocarbon
dating, depend on radioactive decay. Others rely on counting
of annual layers, whether of snow accumulation, tree rings,
seasonally deposited sediments, or volcanic ash layers. Accu-
rately dated coral terraces provide estimates for sea level his-
tory for about the last 150,000 years.

Over the past 500,000 years, Earth’s climate has varied
cyclically between cold, glacial conditions and warm, inter-
glacial periods. Warm, interglacial conditions have persisted
for only short periods relative to the lengthy glacial ones. The
cyclicity is driven by changes in the distribution of sunlight
on the Earth’s surface as the planet’s orbit varies slightly
through time. During glacial periods, the extent of ice on the
land and surface ocean as well as variations in vegetation
cover increase the reflectivity of the Earth’s surface and
reduce the amount of solar energy absorbed by the planet.
Large parts of the Earth were drier, resulting in a dustier
atmosphere, and more dust was deposited onto the ice sheets
of Antarctica and Greenland and onto the surface of the
ocean.78 The glacial-age atmosphere was strikingly depleted
of the greenhouse gases CO2, CH4, and N2O.

Over the past 100,000 years, temperature changes in
Greenland and the North Atlantic have paralleled each other.
Notable features of this record are millennium-scale warm
events, which are particularly marked in Greenland
(increases of more than 10�C) but more subdued in the
North Atlantic.79 While not as clearly seen in the Greenland
ice cores, several strong cooling events appear in the oceanic
record, based on the presence in marine sediments of distinc-
tive types of ice-rafted debris between 40 and 60 �N. The
warm intervals are called Dansgaard-Oeschger (D/O) events
in honor of Willie Dansgaard and Hans Oeschger who, in
the early 1980s, identified and described the events in Green-
land ice cores. The importance of the cold events was first
recognized by Hartmut Heinrich in the late 1980s. The so-
called Heinrich events originated mainly from melting of the
Laurentide ice sheet covering Canada.

Even in regions of the Earth far from the North Atlantic,
there is a clear atmospheric signature of D/O events. Atmos-
pheric CH4 concentrations peaked during every warm epi-
sode. As methane concentrations are globally uniform, they
can be used to synchronize high-resolution ice core records
from Greenland and Antarctica. Inferred temperatures in
Antarctica show a slow warming that preceded the abrupt
warming in the Northern Hemisphere by 1000–2000 years.
As the north finally warmed (within less than a century), a
slow cooling began in the Southern Hemisphere. This out-
of-phase warming and cooling between Greenland and Ant-
arctica reflects changes in the surface and deep water circu-
lation of the Atlantic and associated exchanges of heat.80

As noted earlier, a business-as-usual trajectory of fossil-
fuel energy generation will lead to a CO2 level of � 900 to
1100 ppm by 2100. Reconstructions of atmospheric CO2
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concentrations indicate that it has been � 30 to 100 million
years as such a level existed in the atmosphere.81 Paleocli-
mate data also reveal that it took tens of millions of years
for the CO2 level to decline to those of the more recent past.
When CO2 was � 1000 ppm at � 35 million years ago,
tropical to subtropical sea surface temperatures were in the
range of 35 to 40�C (vs. present day values of � 30�C) and
polar SSTs in the Southern Hemisphere were 20–25�C (vs.
present day temperatures of � 5�C).82 At this time the Sun
was less luminous by � 0.4%. It is estimated that the net
radiative forcing during this period � 35 million years ago
was � 8 W m�2. Global annual mean temperature at that
time can be estimated as � 31�C, vs. 15�C during preindus-
trial times.83 The climate sensitivity inferred from the esti-
mates of forcing and global mean temperature at that time is
k % 16�C/8 W m�2 ¼ 2�C W�1 m2, at least a factor of two
larger than current estimates. This discrepancy may be due
to long time-scale feedback processes in land ice, vegetation,
and the carbon cycle itself that do not enter into current cli-
mate model simulations.

Glacial-interglacial cycles

Periodic changes in the Earth’s orbit around the Sun and
in the tilt (obliquity) of the Earth’s axis control the seasonal
and latitudinal distribution of incoming solar radiation.84,85

The time of year when the Earth is closest to the Sun varies
with quasi-periodicities of about 19,000 and 23,000 years.
The obliquity of the Earth’s axis varies between 22 and
24.5� with a quasi-periodicity of about 41,000 years. When
the tilt is greater, the poles are exposed to more sunlight.

Milutin Milankovic in the 1930s argued that glaciation
occurs when solar insolation intensity is weak at high north-
ern latitudes in summer. This occurs when both Earth’s spin
axis is less tilted with respect to the orbital plane and the
aphelion (the point of Earth’s orbit that is farthest from the
Sun) coincides with summer in the Northern Hemisphere.
When there is less insolation during summer, snow and ice
persist through the year, gradually accumulating into an ice
sheet. The trigger for an ice age depends on the intensity of
Northern Hemisphere summer sun (i.e., whether the solar in-
tensity is large enough to melt the ice that accumulates over
winter). If the solar flux \475 W m�2 at 65 �N, then this is
insufficient to melt the ice.

Over the last 900,000 years (740,000 of which are
recorded in the oldest Antarctic ice core yet recovered), the
full glaciation and deglaciation cycles exhibit a very distinc-
tive, asymmetric pattern. Each cycle lasts about 100,000
years, with the bulk of that time (� 90,000 years) devoted to
slow cooling and the gradual growth of ice sheets toward a
‘‘glacial maximum’’ condition. The great changes in ice vol-
ume take place mainly in the Northern Hemisphere, though
the Antarctic ice sheets grow as well. In contrast, deglaca-
tion is rapid, requiring 10,000 or fewer of those 100,000
years. Deglaciation is followed by relatively short (10–
20,000 years, as recorded in a variety of climate proxies)
warm interglacial intervals. Changes in Earth’s orbit around
the Sun is the one external climate forcing that operates on
these time scales and is the cause of the glacial-interglacial
cycles. However, changes in Earth’s orbit alone cannot pro-
duce this very asymmetric cycle.

The large amplitude glacation and deglaciation cycles are
the result of climate feedbacks in the global response to the
external orbital forcing.86 Ice sheets, sea ice, atmospheric
circulation, atmospheric chemistry, the terrestrial and marine
carbon cycles, and ocean circulation are all involved. Our
understanding of how these components interact and produce
the asymmetric, 100,000 year cycle comes from many lines
of evidence.87,88 At the onset of an ice age, the small initial
cooling resulting from the orbital changes is then amplified
as the CO2 concentration falls. (At higher levels of CO2, this
trigger threshold decreases because the temperature is higher,
i.e., an ice age is less likely.) The onset of the last ice age,
about 116,000 years ago, corresponded to a 65 �N mid-June
insolation about 40 W m�2 lower than today. There is gen-
eral agreement that the CO2 decrease at the onset of an ice
age is related to changes in the carbon uptake by the oceans,
with some theories relying on enhancement of the biological
pump, but the actual mechanism has yet to be firmly identi-
fied. At the termination of a glacial maximum (defined by
orbital forcing), atmosphere and ocean warming begins
around Antarctica; this warming causes CO2 to begin to
return to the atmosphere from the deep ocean. The additional
CO2 produces additional warming, now of the whole planet,
because CO2 mixes quickly through the atmosphere.89 The
additional warming leads to even more CO2 release to the
atmosphere, etc. Estimates of the time lag for CO2 feedback
range from less than 200 years to about 800 years. The rapid
transfer of carbon from the lithosphere to the atmosphere
over the last century or so associated with the burning
of fossil fuels is an unprecedented forcing in the climate
system, driving change on a time scale of decades, not
millenia.

A number of hypotheses exist to explain the low CO2 con-
centrations during glacial times. The ocean is the most im-
portant of the relatively fast-exchanging (\1000 year) car-
bon reservoirs. On these timescales, atmospheric CO2 is con-
trolled by the interplay between ocean circulation, marine
biological activity, ocean-sediment interactions, seawater car-
bonate chemistry, and air-sea exchange. CO2 is more soluble
in colder waters; so, changes in ocean temperature can alter
atmospheric CO2. The Southern Ocean is especially impor-
tant in this regard because it is where large volumes of deep
water masses are formed and where large amounts of biolog-
ical nutrients upwell to the surface. Western Equatorial Pa-
cific sea surface temperature was about 3�C colder during
the last ice age than today. As this area of the ocean was rel-
atively unaffected by changes in higher latitude ice cover
and in ocean circulation, the cooling can be explained only
in terms of changes in atmospheric GHGs. Support for the
role for the Southern Ocean in controlling atmospheric CO2

during glacial times is provided by the concurrent decrease
of Antarctic temperature and atmospheric CO2.

In summary, during a deglaciation, slow changes in orbital
parameters cause greater amounts of summer sunlight to fall
in the Northern Hemisphere. This relatively small change
causes ice to retreat in the north, which decreases the albedo.
The loss of reflecting surface leads to further warming in a
feedback effect. About 600 years or so after that process
starts, CO2 and CH4 concentrations began to rise, which
amplifies the warming trend even more, and GHG forcing
eventually takes over as the dominant factor in the ultimate
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change. The 600-year time lag is consistent with the time
required for CO2 stored in the deep ocean to be brought up
to the surface where it can be released to the atmosphere.
CO2 is also released from warming soils and CH4 from melt-
ing permafrost. The end of the deglaciation is characterized
by a clear CO2 maximum. Evidence that temperature
changes precede changes in CO2 concentrations in some cli-
mate changes on the timescales of ice ages shows only that
temperature changes can affect the atmospheric CO2 concen-
trations, which in turn feed back on temperature changes.
Such evidence has no bearing on the fact that the increase in
greenhouse gas concentrations over the past century is
human induced.

An empirical estimate of the Earth’s climate sensitivity
can be obtained from the change of conditions from the Last
Glacial Maximum to the present, for which IPCC1 estimated
a change in forcing of –8 W m�2 and a range of change in
global mean surface temperature of –4 to –7�C. The climate
sensitivity range determined from these values is 0.5 to
0.875�C W�1 m2, in general agreement with the range esti-
mated by climate models based on changes from preindus-
trial conditions to the present.

The Holocene

The Holocene, now almost 12,000 years in duration, dur-
ing which human civilization has developed, has been char-
acterized by a remarkably stable climate, in which the planet
is sufficiently warm for the great ice sheets of the Northern
Hemisphere to be absent, but not warm enough for a disinte-
gration of the Antarctica or Greenland ice sheets.

The only notable climate transition event during the Holo-
cene occurred about 8200 years ago and was less intense
and of shorter duration than the glacial swings. During the
glacial period, the 4-km-thick Laurentide ice sheet signifi-
cantly depressed the underlying land. During the long relaxa-
tion time scale (a few millennia) of Earth’s viscoelastic
rebound, the ice melted back into its own depression.
Because the ice centered on Hudson Bay blocked off the
outlet of the Bay, extensive lakes (including the largest lake
on Earth at that time) formed around the ice and could not
drain. Eventually, as the ice shrank, the meltwater escaped,
likely emptying the largest lake on Earth into the North At-
lantic over a time as short as a single summer to a few
years. This event was immediately followed by a widespread
cooling,90 probably because the fresh water favored sea-ice
formation in the North Atlantic.

A period of generally warmer temperatures due to
increased solar activity was recorded mainly in western
Europe between 1000 and 1200 and has been referred to as
the Medieval Warm Period (MWP).91,92 Although the extent
of warming in the MWP is uncertain, analysis of a variety
of proxy records indicates that the geographic extent of
warming in the late 20th Century and early 21st Century
substantially exceeds that during the MWP.93 With enhanced
solar irradiance, changes in large-scale circulation patterns
associated with the Arctic Oscillation may explain why
Europe was warmer in this period. During the MWP, the
Northern Hemisphere average temperature reached that of
the 1940s, but below current temperatures. The Little Ice
Age (LIA) was an interval between � 1400 and 1900 when

temperatures in the Northern Hemisphere were generally
colder than today’s, especially in Europe. The LIA essen-
tially consisted of two episodes (16th and 19th Centuries)
with warming in between.

During the 10,000 years since the end of the last ice age,
there were regional climate changes of substantial amplitude,
and rapid short-term changes (e.g., in response to volcanic
eruptions), but no similarly rapid and strong global warming
as in the past decades. The Little Ice Age and Medieval
Warm Period were not global or hemispheric in scale, but
essentially local phenomena largely confined to Europe. The
warming that has taken place in the 20th and 21st Centuries
is larger, more rapid, and more globally extensive than any
excursions over the past 2000 years. For a review of studies
on climate over the last 1000 years or so, we refer the reader
to Keller.2

Uncertainties in temperature reconstruction

Considerable attention has been paid to the reconstruction
of temperature variations over time. Thermometer measure-
ments over the past 150 years provide an unequivocal record
of increasing temperatures, especially over the last several
decades. Some have claimed that measured increases in tem-
perature reflect the growth of cities and not global warming.
Great care has been exercised to account for the effect of
urbanization in temperature records by comparing data from
stations near urban areas with those at rural locations. Most
importantly, the largest temperature anomalies on Earth
occur in remote areas like the Arctic and the Antarctic Pen-
insula. Temperature records before the advent of thermome-
ter measurements rely on paleoclimate data from tree rings,
coral reefs, lake sediments, stalagmites, glacial movements,
and historical accounts. The thickness of tree rings, for
example, reflects temperature and rainfall amounts. The sta-
tistics used to analyze tree ring data have come under ques-
tion, especially those from a few northern sites, where tree
growth tracked atmospheric temperatures for much of the
20th Century but began to diverge from actual temperatures
over recent decades. It is suspected that tree growth may
respond differently when temperatures exceed a certain
threshold. The tree ring divergence problem is restricted to a
few high-latitude regions of the Northern Hemisphere and is
not ubiquitous even in these regions. Nonetheless, a better
understanding of how different species of trees respond to
climate change is needed to better interpret tree ring data.

Ice

Ice sheet mass balance

The yearly mass balance of an ice sheet or glacier
accounts for the amount of new ice (the water equivalent
contained in the snow) that accumulates and the amount of
ice lost to melting or to the calving of icebergs. Given a gla-
cier or ice sheet that is in equilibrium with a given climate
state, if the climate cools, the area of the glacier subject to
melting will likely decrease, but the amount of snow the gla-
cier receives over the course of the year may also decrease.
In a warming climate, more melting and more precipitation
are both possible, and the extent to which the glacier recedes
depends on the relative magnitudes of the additional melting
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and any extra snow accumulation. With continued warming,
the elevation of the transition from net mass gain to net
mass loss (called the equilibrium line) moves higher, and
eventually enhanced melting will outpace enhanced accumu-
lation. Mass balance may be assessed in several ways: an
accounting between annual net accumulation and annual dis-
charge through outlet glaciers; satellite observation of
change in surface height; or satellite observation of change
in ice sheet mass (via gravitational attraction).94

The Greenland ice sheet

Greenland has been ice covered for about 3.3 million
years, at which time a transition occurred from a mostly ice-
free island to the ice-covered Greenland of today. There
have been several competing theories as to why Greenland
became ice covered; these include changes in ocean circula-
tion, the increasing height of the Rocky Mountains, changes
in Earth’s orbit, and changes in atmospheric GHG concentra-
tions. Lunt et al.95 tested each of these theories using state-
of-the-art climate and ice-sheet models. While the results
suggest that climate shifts associated with changes in ocean
circulation and tectonic uplift did affect the amount of ice
cover, and that the ice waxed and waned with changes in
Earth’s orbit, none of these changes could explain the long-
term growth of the Greenland ice sheet. The results suggest
that the dominant cause of Greenland glaciation was the fall
of atmospheric CO2 from the relatively high level at that
time to one closer to that of preindustrial times. Today, CO2

concentrations are approaching the levels that existed when
Greenland was mostly ice-free.

At 2.17 x 106 km2 area, Greenland is slightly more than
one-fifth the size of the continental U.S. It is, at present,
about 80% ice covered. Greenland ice is equivalent to about
6 to 7 m of global sea level. In Greenland, both enhanced
accumulation at high elevations and enhanced melting at low
elevations are occurring. In Greenland, ice in the interior of
the ice sheet flows slowly, 10’s of meters per year (the ice is
thick but relatively cold and surface slopes are small).96 Ice
moves away from the interior toward outlet glaciers that dis-
charge ice into the sea. In 2005, Greenland’s fastest outlet
glaciers, Kangerdlugssuaq in the east and Jakobshavn in the
west, were moving at about 12 kilometers per year at their
downstream ends. Total snowfall has been increasing over
Greenland. In the high, cold interior of the ice sheet the net
effect is mass accumulation, while at lower elevations melt-
ing dominates. Melt season (typically April to September)
duration has increased by up to a month since the late
1980’s. The 2000 m elevation contour has served tradition-
ally as a nominal boundary between the accumulation zone
(above) and the ablation zone (below), although surface
melting has been observed at higher and higher altitudes
over time. As a result of enhanced surface melting and
increases in outlet glacier flow, the Greenland Ice Sheet is
losing a total volume of somewhere between 124 and 224
km3 of ice per year.

Antarctica

Antarctica can be divided into three major geographic
regions. The Transantarctic Mountains divide the continent

into eastern (on the Indian Ocean side) and western (on the
Pacific Ocean side) regions. The East Antarctic is a dry,
vast snow-covered plateau atop a kilometers-thick ice sheet.
The West Antarctic ice sheet stores enough ice to raise sea
level between 5 and 6 m, and the East Antarctic Ice Sheet
holds about 10 times more. (The total ice volume is larger
than this but once the ice is melted, water fills the depres-
sion left behind.) The third region, the Antarctic Peninsula
(AP), is a relatively mild temperature, narrow, mountainous
chain extending north toward the Drake Passage. The AP
plateau has a series of ice caps, which drain into mountain
glaciers that eventually deliver the ice back to the
sea. About 0.5 m of sea level equivalent ice is stored on
the AP.

Sea ice

When sea ice begins to form at the ocean surface, it insu-
lates the underlying water from additional cooling. Any new,
first-year ice that persists through the summer and into fall
and thickens again the following winter is classified as mul-
tiyear ice. Multiyear ice makes up a large proportion of the
Arctic ice pack. This year-to-year persistence allows the old
ice to grow quite thick, up to 4 or 5 m (thicknesses around
the Antarctic are 1 to 2 m). The seasonal cycle of new ice
production and melting in the Arctic basin yields a maxi-
mum ice extent in March and a minimum extent in Septem-
ber. As the atmosphere warms and the summer melt season
intensifies, sea ice retreats, and the bright reflective surface
is replaced with the dark ocean. The ocean surface absorbs
more incoming solar radiation, and the warmer ocean surface
radiates that energy back to the air above, amplifying the
initial warming effect. This process delays the return to ice
growth in the autumn, leading to a relatively thinner ice
pack the following spring.

Remote sensing has established trends in sea ice extent.
The era of high quality satellite observations began in late
1978 with the launch of NASA’s Scanning Multichannel
Microwave Radiometer, followed by the first Special Sensor
Microwave/Imager in 1987. There has been a statistically
significant downward trend in Arctic sea ice cover from
1979 to 2006, in every month of the year. The decline has
been more rapid for September, the end of the melt season,
for which the trend is �8.6% � 2.9% per decade.97

Sea level change

There are two predominant sources of sea level change:
thermal expansion or contraction of ocean water and net
mass change from glaciers and ice sheets. Changes in the
volume of water stored in aquifers and surface reservoirs can
play a modest role in sea level change as well. The upper
few 100 m’s of the global ocean are warming, and the
resulting thermal expansion is estimated to account for
between 1/4 and 1/3 of the total observed sea level rise over
the past century. Glaciers and ice sheets hold 75% of Earth’s
fresh water, the equivalent of about 75 m of sea level. About
90% is stored in the Antarctic ice sheets. Most of the rest,
equivalent to about 7 m of global sea level, is stored in the
Greenland Ice Sheet. Mountain glaciers hold an equivalent
of � 0.65 m of sea level.
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Conclusion

The attribution of observed climate change is generally

based on simulation of the climate of the last 150 years or

so using climate models including all known and quantifiable

forcings. Some of the forcings are well established (e.g.,

well-mixed GHGs, volcanic emissions, solar irradiance),

while others are less certain (tropospheric aerosol effects,

land use changes). Given the uncertainties, best estimates are

made consistent with observations of the actual forcing

agents. Certain observational facts serve to constrain the

simulations. As the surface temperature and ocean heat con-

tent are rising together, intrinsic variability of the climate

system can be ruled out as the cause of the recent warming.

(Internal climate changes, such as ENSO or thermohaline

variability, involve transfer of heat within the climate sys-

tem, and therefore would occur only if energy is transferred

to the atmosphere from another reservoir (i.e., the ocean),

which itself would need to be cooling.) Our understanding

of forcings and long-term observations of land surface and

ocean temperature changes are consistent within the range of

uncertainties.
Uncertainty in representation of physical processes at the

spatial scale of climate models is the main source of differen-
ces in predicted climate sensitivity among models. The IPCC

presents a list 54 ‘‘key uncertainties’’ which have received
considerable scrutiny in the scientific literature; yet, none of

these uncertainties challenges the scientific consensus of
human-induced climate change. In a sensitivity study designed

to explore the range of variation of models, Murphy et al.98

varied 29 parameters, one by one, and analyzed the results of

20-year simulations under present day and 2xCO2 conditions.
They computed probability density functions of climate sensi-

tivity; in the 5–95% probability range, warming (2xCO2) was
determined to lie between 2.4 and 5.4�C. Even with the rela-

tively wide range of systematic parameter variation, the fun-
damental responses of the climate models lie within the range

derived from paleoclimate data.
The global temperature increase over the past century and

a half can be simulated with various combinations of net
radiative forcing and climate sensitivity (e.g., Figure 7).
Although the observed temperature increase serves as a con-
straint that must be met by any simulation, the degree of
freedom afforded by the net radiative forcing and the climate
sensitivity acting in concert does not allow one to determine
either with certainty. Cloud radiative feedback represents the
leading source of uncertainty in the feedbacks that combine
to determine climate sensitivity. The two largest components
of the Earth’s energy imbalance are the changes in GHGs
(heating), which are known precisely, and the changes due
to atmospheric aerosols (cooling), the overall measurement
of which is not yet possible. As a result, the uncertainty in
overall net radiative forcing is essentially attributable to
aerosols. Remote sensing, in situ, and surface measurements
are helping to close the uncertainties in aerosol forcing, but
reducing the uncertainties attributable to aerosol forcing
will require continued dedicated research that considers
global emissions, microphysical processes, and in situ and
remote sensing measurements. A ‘‘top-down’’ estimate of
overall aerosol forcing was carried out by Murphy et al.,99

who used measurements of ocean heat content, GHGs, vol-

canic aerosols, and correlations between surface tempera-
ture and satellite radiative flux measurements to infer a re-
sidual planetary energy flux that is presumed to be a result
of aerosol direct and indirect radiative forcing. They
inferred a total aerosol forcing of �1.1 � 0.4 W m�2 for
the period 1970–2000. This estimate cannot distinguish
what aerosols are causing the forcing, how much of the
forcing is due to indirect effects on clouds, or how the aer-
osol forcing is changing. While the existence of human-
induced global warming is unequivocal, answers to the
question, ‘‘how much and how soon?’’ bear upon these
uncertainties.

Finally, most emissions scenarios for the next 50 to 100
years involve a substantial increase in GHG forcing. Given
that most estimates of aerosol changes over the next century
will not be proportionately as large as that of GHGs (and
even for some substances, decreasing), future forcing can be
expected to be increasingly dominated by GHGs, and aerosol
cooling may assume an increasingly less important role as a
mitigating factor in global warming.
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